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2 Preamble for Non-Scientists

Understanding our role in the universe has motivated scientific thought throughout many centuries. From

the early polymaths and philosophers Anaximander (c. 610 - 546 BC), Aristarchus of Samos (c. 310 -

230 BC), Claudius Ptolemy (c. 100 - 170 AD) and Hypatia (c. 350–370 - March 415 AD) until today we

have developed a rigid network of scientific theories able to explain a staggering amount of processes

and objects known to our kind. The Earth has been understood as a sphere and as not being at the

center of the universe. The flow of time is relative depending on the frame of reference and studying the

Big Bang and the extent of the observable universe have created scales so unfathomable that even their

pundits have difficulty in providing any deeper meaning than just the number. Much more recently we

have discovered planets orbiting many of the stars we can see at night and with them the possibility for

similar processes as on Earth to have created further life.

The strive for understanding our world has undoubtedly affected human history in many ways. Even

if potentially catastrophic recent developments in science and technology can form arguments against,

it is my firm trust that progress initially is good. The question, however, must be raised what humankind

or any living species actually means by progress and simultaneously, what it means to be good. At this

time in history it may be even more important than ever to find reasonable answers to these questions by

formulating ideas of what our future progress should look like collectively. As a scientist, this, however,

is outside the scope of my expertise, and for that reason, I cannot delve into it here.

Instead, I can contribute a small yet meaningful piece to the rapidly expanding field of planetary

sciences, driven by the goal of shifting humanity’s perspective further away from an anthropocentric

worldview. It is for this reason, I have chosen to advance the science of my field by exploring the

potential for terrestrial planets, both within and beyond our solar system, to develop a solar protective

shield — a magnetosphere — that could influence their habitability or the likelihood of life evolving and

sustaining on them. The main tools of my research are the chemistry, physics and mathematics involved

to quantify these sometimes very abstract concepts with the help of our continually advancing computer

power.

Although I strive to write as clearly as possible, many abbreviations and definitions may be difficult to

unwrap, as is the nature of this writing. For a reader with little experience in these methods, wondering

about the purpose, it may therefore help to remember the overarching theme narrowly discussed above.
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3 Abstract

Constraining the heat flow out of a planetary core over geological time remains a significant challenge, as

the extreme pressures and temperatures involved push the limits of experimental capabilities. However,

this heat flow is crucial for understanding planetary processes that are often linked to habitability in

planetary sciences. A geodynamo driven by core cooling, mantle convection, and plate tectonics is

strongly influenced by this value.

Recent studies coupling higher-dimension visco-plastic mantle convection with core evolution mod-

els have demonstrated correlations for Earth, highlighting the need for more comprehensive models to

explore these interactions in other rocky planets. One such potential correlation is between a planet’s

surface magnetic field strength and its surface cooling regime, such as plate tectonics.

Here, we present a new 2D mantle convection model coupled with a core evolution model, incorpo-

rating state-of-the-art equations of state for core and mantle minerals, to study the well-known exoplanet

class: Super-Earths. Our results reveal a previously overlooked mechanism—an inner-core–mantle

thermal feedback loop—emerging from our coupling approach. The Earth reference cases examined

here further support the necessity of an additional geodynamo-driving mechanism in early Earth to

resolve the "new core paradox". Additionally, we find that surface magnetic field intensities for super-

Earths range from 25 to 360 µT. Notably, we observe that "hot" super-Earths (<3 M⊕) exhibit geodynamo

evolutions independent of surface regime, while those with a mobile lid (>3 M⊕) experience enhanced

geodynamo lifetimes and stronger surface fields. This suggests a small but significant link for future

observational detections.
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4 Introduction

The first description of Earth’s magnetic properties were given through "south-pointing chariots" (chï-

nan-kü), by Chinese philosophers possibly as early as the 3rd and 4th century BC (Hirth, 1906; Hashimoto,

1926). Many centuries later, with the description of electromagnetism, a planet sized geodynamo gen-

erated by a convecting liquid core was postulated for the first time (Larmor, 1919). From the more

recent advances in magnetohydrodynamics, thermodynamics, high pressure mineral physics, seismol-

ogy, and geochemistry, we have learned that the main constraints describing the secular variation of

Earth’s geodynamo are the thermal and chemical buoyancy fluxes that in turn drive the core’s fluid

motion. These are further governed by the cooling core, and simultaneously the heat flow across the

core-mantle boundary (see e.g. Lister and Buffett, 1995; Braginsky and Roberts, 1995; Gubbins et al.,

2003; Nimmo, 2015). A sufficiently convecting mantle, required by plate tectonics, has therefore been

typically implemented as a parameterized first order approximation for an otherwise ill constrained core-

mantle boundary heat flow during Earth’s evolution ( e.g. Stevenson et al., 1983; Driscoll and Olson,

2011; Driscoll and Bercovici, 2014). Recently, visco-plastic mantle convection models of higher dimen-

sion have been used as a forward modeling approach to describe core cooling (see e.g., Nakagawa and

Tackley, 2004; Stamenković et al., 2012; Bonati et al., 2021). Although, only few studies have considered

directly coupling a 2D or 3D mantle convection model with a core evolution model that also considers

a crystallizing inner core (compare Nakagawa and Tackley, 2005, 2008, 2010, 2014, 2015; Nakagawa

and Iwamori, 2019; Nakagawa, 2020). In this study we build on this large body of work offering a new

coupled model approach to further fill this deficiency.

Besides Earth, every planet in the solar system shows evidence of a large-scale magnetic field

maintained by an internal dynamo, with Venus as the only possible exception. Additionally, Ganymede

is the only known satellite with an intrinsic field, while several others have shown evidence for an induced

field. However, although the driving forces are similar for the gas giants, this study considers only the

dynamos of terrestrial planets. Furthermore, a class of terrestrial exoplanets, termed "super-Earths"

were discovered recently (e.g. Queloz et al., 2009; Borucki et al., 2011). They are 1 to 10 times Earth’s

mass but at most twice its size, allowing for a rocky composition of mainly silicates and iron (Stamenković

et al., 2012). Currently, their habitability and the potential presence of plate tectonics, which is often

considered beneficial, remain controversial (e.g., for plate tectonics: Korenaga, 2010; O’Neill et al., 2007;

Stein et al., 2011; Valencia et al., 2007; Van Heck and Tackley, 2011; Tikoo and Elkins-Tanton, 2017).

Among others, Tachinami et al. (2010) and Driscoll and Olson (2011) have investigated magnetic field

strengths of super-Earths, finding that surface intensities for a 5 M⊕ planet range between 150 and 240
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µT, concluding that detection is difficult. However, newer studies have called their results into question

updating models with new pressure-dependent viscosities in the mantle (see e.g. Stamenković et al.,

2012; Tackley et al., 2013). Additionally, different methods for detecting planetary magnetic fields are

currently being reassessed. These include: (i) Exoplanet aurorae, (ii) Radiation belt emission, (iii) Star-

planet interaction, (iv) Magnetospheric bow shocks and (v) Atmospheric outflow transit spectroscopy,

and the constraints for their successful detection vary by method (Brain et al., 2024). However, as of

today no magnetic field has been definitively reported on a planet outside our solar system (Brain et al.,

2024).

Using a new core-mantle coupled model, we will investigate the possible ranges of surface intensities

for 1 - 5 M⊕ Earth-like super-Earths, with hot cores, and with or without idealized plate tectonics. In

section 5 we present the theoretical background, the underlying methods and the coupled model. In

section 6 we report on Earth reference cases to demonstrate our model’s viability and subsequently the

results for our super-Earths. To conclude, in section 7 we discuss some shortcomings in our model and

our final results.

5 Theoretical Background, Model and Methods

In the following section we describe the different segments of our model, the interior structure, the 2D

mantle convection model, and the parameterized core evolution. In section 5.1 the main addition to

the interior model is a higher-order element space considered (see section 5.1.1) and an equation of

state considering a light element in the core (see section 5.1.4). Furthermore, section 5.2 contains the

theoretical background and overview of the model CHIC (Noack et al., 2015). In section 5.3 we describe

our newly implemented core evolution model and its theory. Finally, in the last subsection, we summarize

the entire model by integrating the previously presented methods. Each subsection, where applicable,

also specifies the parameters chosen for most, if not all, simulations. However, for our main results, a

parameter list can be found in tbl. 5 and tbl. 6 in the appendix.

5.1 Interior Structure

In order to simulate the magnetic field strength of Earth- to super-Earth-sized terrestrial worlds an initial

planetary structure and composition must be defined. Vigorous convection in a mostly molten core,

covered by a relatively rigid silicate mantle, is the most well-known dynamic state, as it is the state of

Earth’s core throughout most of geologic time and is similar to that of the other inner terrestrial planets in
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our Solar System. This mostly stable state follows a chaotic series of events during the early hundreds

of thousands of millennia in which it is the meticulous work of other current studies to explain how, when

or even if this state is reached (Lichtenberg et al., 2022). This phase in the history of any terrestrial

planet, combined with additional external dynamical processes—such as giant impacts—is assumed

as given. Therefore, we do not consider it in our subsequent dynamical analysis. Our initial planetary

interior structure, at t = 0, has therefore already undergone approximately 108 years of planetary evo-

lution since the early planetesimal stage (Lichtenberg et al., 2022). During this time a proto-core has

differentiated from a primordial homogeneous body, below a global magma ocean. As can be seen in

fig. 1, some primordial atmosphere has been partly ingassed into that ocean and partly eroded. Fur-

ther evolution and cooling of this model planet solidified the mantle, during which magma-ocean and

Figure 1: Secular geodynamic evolution of our relatively dry, hypothetical, earth to super-earth leading up to a

solid-state mantle convection with a completely differentiated core at t = 0 as a necessary assumption for our

subsequent modeling. Figure 1 in Lichtenberg et al. (2022).
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extrusive outgassing have formed a 1 bar secondary atmosphere considered as the pressure boundary

condition at the surface of the planet. Similarly, an Earth-like surface temperature of 300 K is assumed

as the temperature boundary condition. With further maturity of the silicate system an initial upper ther-

mal boundary layer (henceforth noted as TBL), a lithosphere and crust, is assumed also of Earth-like

composition and thickness. For a 1 M⊕ planet this thickness is therefore set to 50 km for the crust (δcr)

and 100 km for the entire boundary layer thickness (δl). We inversely scale this parameter based on

the assumption that planets with more mass are hotter due to increasing, differentionally induced, grav-

itational potential energy and trapped kinetic energy from giant impactors (Breuer and Moore, 2015),

by

δ = δ⊕

(
Mp

M⊕

)−0.471

. (1)

Here Mp is the modeled planets mass, M⊕ is earths mass, δ is the model crust or lid thickness

and δ⊕ are those values previously mentioned to be roughly like earths. This is different to the upper

TBL presented by Noack and Lasbleis (2020), who kept it at constant 50 km, using an earlier version of

the interior structure model presented here. With deficient knowledge confining the planetary formation,

specifically toward the deeper interior structure, a lower mantle TBL thickness (δc = 200 km) is assumed,

such that it is greater than the lids thickness and the same for all our simulations. This is common

practice in models of this kind (e.g. Stixrude, 2014; Noack and Lasbleis, 2020). Below here the metallic

core is formed based on the bulk composition of the mantle.

5.1.1 Mantle Composition

In order to determine melting temperatures, density and further thermodynamic properties of the mantle

the minerologic phase space of a predefined composition must be known. Initially the mantle species

were confined in Noack and Lasbleis (2020) - based on the model initially presented in Noack et al.

(2017) - imploying the HeFESTo (Helmholtz Free Energy Self-consistent Thermodynamics) database

in Stixrude and Lithgow-Bertelloni (2005) using a third order Birch-Murnaghan equation of state (Birch,

1947). This model however only considered the four main rock-forming Elements (Fe, O, Si, Mg) for

an Earth-like composition (McDonough and Sun, 1995). A recent module addition, mat_perplex.90

(Balduin, 2025), expanded on this compositional limitation, and was modified here to couple iron by

weight in the mantle with the residue that subsequently builds the core (Noack and Lasbleis, 2020).

Balduin (2025) produced look-up tables using Perple_X (Connolly, 2005) with the improved database
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Table 1: Bulk Silicate Earth compiled in Javoy et al. (2010) and used here to set the average mantle composition

for the interpolated mineral data (Balduin, 2025, see text)

Publication Fe Mg Si Ca Al Na O Ni

Allègre et al. (1995) 5.82 22.8 21.5 2.16 2.31 – – 0.2

Lyubetskaya & Korenaga (2007) 6.22 23.4 21.1 1.87 2 – – 0.2

Hart & Zindler (1986) 5.86 22.8 21.5 2.15 2.29 – – 0.2

Jagoutz et al. (1979) 6.08 23.1 21.1 2.1 2.5 – – 0.2

McDonough & Sun (1995) 6.26 22.8 21 2.35 2.53 – – 0.2

Taylor & McLennan (1985) 6.22 21.2 23.3 1.93 2.07 – – 0.2

Palme & O’Neill (2003) 6.3 22.2 21.2 2.38 2.61 – – 0.2

Ringwood (1975) 6.22 23 21.1 1.75 2.21 – – –

Wanke et al. (1984) 5.83 22.2 21.3 2.17 2.5 – – –

Javoy (1999) 10.9 17.9 23.6 1.36 1.48 – – 0.3

This Study 6.6 22.3 21.9 2.2 2.3 0.3 44.5 –

of Stixrude and Lithgow-Bertelloni (2022) for different pressure resolutions. These are subsequently

called upon, to find the thermodynamic properties of mineral assemblages stable at given pressure and

temperature, and for a set molar composition of the oxides: FeO, MgO, SiO2, CaO, Al2O3 and Na2O. An

Earth-like composition for the mantle was defined by averaging the bulk silicate earth (henceforth noted

as BSE) models composed in Javoy et al. (2010) and converted to the molar composition of oxides, to

yield: 6.2 FeO, 47.8 MgO, 40.7 SiO2, 2.8 CaO, 2.2 Al2O3, 0.3 Na2O (values in mol.%, compare tbl. 1 for

the equiv. wt.%). Sodium and oxygen are the only constituents not considered in the studies compiled

in tbl. 1 and was therefore taken to be the values presented in McDonough (1999). Nickel was replaced

with more iron, demonstrated by the slightly higher value. To obtain the core mass fraction (xCFe, CMF

henceforth) from the iron mass fraction of the mantle the relation from Noack and Lasbleis (2020) is

used

xCFe = xFeMp − xMFe(1− xCFe)Mp, (2)

from eq. 2 the CMF becomes

5



xCFe =
xFe − xMFe

1− xMFe
(3)

where xFe and xMFe are the bulk planet and the mantle iron concentrations respectively in wt.% and

Mp is the planetary mass. We will consider an upper case "X" to denote molar fraction and a lower case

"x" to represent weight fraction in this study unless stated otherwise. Mp and xFe are input parameters

varied for all our simulations between 1 and 5 M⊕ and 30 and 60 wt.% Fe and the fraction of iron in the

mantle is derived from the input concentration mol.% of FeO to be xMFe = 6.6 for an Earth CMF of 32.5

% (compare tbl. 1).

5.1.2 Core Composition

In this way, our model core is made up entirely of residue iron not mineralogically bound in the mantle.

Consequently for our simulations, a CMF is obtained that is below the xFe input value. To yield the

thermodynamical parameters for the core iron a Holzapfel equation of state (EOS, Holzapfel, 1991)

is solved from ab initio experiments (Bouchet et al., 2013) according to the methods in Noack and

Lasbleis (2020). However, to better mimic core compositions known from earth and the other terrestrial

planets of our solar system, some fraction of light element xi is simulated as well (see section 5.1.3 and

section 5.1.4).

Birch (1952) was one of the first to propose light element constituents based off of density anomalies

required through seismic data of earths core. Previous geochemical, seismic and numerical studies

have revealed these to be Si, S, H, C, O, Mg, N (or a combination of some of these, see e.g., Ma and

Tkalčić, 2024; Hirose et al., 2021; McDonough and Sun, 1995; Poirier, 1994). Considering our bulk

mantle composition presented in section 5.1.1 a simplified Earth core composition can be derived from

the bulk earth composition taken from McDonough (1999). Assuming that our model planet is only

made up of those 7 elements plus sulfur that only exists in the core, Earth’s core composition of 91.2

Fe, 4.5 Si, 2.0 S, 1.6 Mg, 0.8 Ca, 0.2 Al, 0 Na and -0.2 O by weight is found (see tbl. 3 in the appendix).

This sums up to be 8.8 wt.% light elements, reflecting the results of McDonough (1999) and is roughly

within the range determined in Hirose et al. (2021). Conversely, using a different bulk earth composition

assimilated through a stoichiometric primary condensation model of the early Solar System planetary

nebulae (Thamm, 2023), a much higher sulfur content is reached if all of it would reside in the core

(see tbl. 4 in the appendix). This would lead to a much higher light element fraction, than otherwise

reported (Hirose et al., 2021) and is therefore not considered here extensively. As silicon then, is the
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most prominent light element in the core here, it was chosen to simulate the density anomaly as a first

order approximation (see section 5.1.4 for its EOS derivation). This is further in accordance with a

number of recent studies considering this two-component composition (see e.g., Fischer et al., 2014;

Mao et al., 2012; Zhang et al., 2016; Ikuta et al., 2021; Huang et al., 2022). Although it is noted that

other constituents such as H, C, O, S can have higher magnitute effects on the density anomaly (see

e.g., Poirier, 1994).

5.1.3 Equation of State

The mantle and core make use of different approaches to yield the thermodynamical properties of each

pressure and temperature dependent layer. As we have seen, these properties are derived from look-up

tables for the mantle. They are calculated using Perple_X (Connolly, 2005) incorporating the HeFESTo

database of Stixrude and Lithgow-Bertelloni (2022), who use a Gibbs free energy approach for the

multiphase assemblage. For a more in depth discussion the reader is referred to the methods in Balduin

(2025).

In order to model the thermoelastic properties of our core mineral assemblage, an equation of state

(EOS) is used. It consists of a pressure dependent term, a temperature dependent term and a thermal

reference term and reads

p(V, T ) = p(V ) +
γ(V )

V
[U(V, T ) + U(V, Tr)], (4)

where p, V , γ, T , Tr and U are the pressure, volume, Grüneisen parameter, temperature, refer-

ence temperature and internal energy respectively, of a given material (compare Stixrude and Lithgow-

Bertelloni, 2005). The core compressional constituent is calculated using the Holzapfel EOS of the H1L

expansion (Holzapfel, 1991), that reads

p(V ) =
3KT0(1.0− (V/V0)

1/3)

(V/V0)5/3
· e

c0

(

1.0−
(

V
V0

)

1/3
)

·

[
1.0 + c02 ·

((
V

V0

)1/3

−

(
V

V0

)1/9
)]

, (5)

where KT0, K ′
T0, V and V0 are the isothermal bulk modulus, its derivative with respect to pres-

sure, the volume and the reference volume of the material. c0 and c02 are conditional parameters in the

Holzapfel EOS, guaranteeing convergence to the Fermi gas limit for very strong compression. They are

defined by
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c0 = ln(PFG0/3KT0) (6)

c02 = 3/2(K ′

T0 − 3). (7)

PFG0 = ((3π2)2/3/5)h̄/me(Z/V0)
5/3 is the initial Fermi gas pressure described by universal constants

and the electron density Z/V0, when Z is the number of electrons per atom.

For the core mineral phases, the internal energy is calculated using Debye’s model (Debye, 1912)

given by

U = 9nkBNAT (

(
T

θD

)3 ∫ θD/T

0

x3

ex − 1
dx, (8)

where kB is the Bolzmann constant, n is the quantity of the substance, NA is Avogadro’s constant, T

is the Temperature and θD is the Debye temperature defined by the substances eigenmode. For a pure

iron core these values are taken from ab initio molecular dynamics simulations for the hexagonal close

packed (hcp) structure up to 1.5 TP (Bouchet et al., 2013). Knowing the material properties and with

the given pressure and temperature we can then solve the volume and energy to obtain solutions for the

Grüneisen parameter, isothermal bulk modulus and molar heat capacity:

γ = V

(
∂p

∂U

)

V

, KT = −V

(
∂p

∂V

)

T

, CV =

(
∂U

∂T

)

V

. (9)

The thermal expansion coefficient can subsequently be calculated with the relation

α =
γCV

KTV
, (10)

from which the isobaric heat capacity is derived with:

Cp = CV (1 + αTγ). (11)
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5.1.4 Core Light Element

In order to mimic a light element constituent in the core alloy we use solid state data of a body-centered

cubic (bcc) Fe-15wt%Si alloy that we assume to have the same compressional properties as its liquid

form and which ideally mixes with the hcp iron phase. This means that the lack of phase related density

difference could overestimate the amount of light element found in later analysis (e.g. ∆ϕρ ≈ 200 −

240 kg/m
3

Hirose et al., 2013, and compare section 6.1.1). Wicks et al. (2018) combine laser-driven

dynamic ramp compression with in situ x-ray diffraction to study high-pressure behavior of two Fe-Si

alloys (Fe-7wt%Si and Fe-15wt%Si), reaching up to 1.3 TP in their experiments. They use a Vinet

EOS (Vinet et al., 1989) to fit their results. As the high-pressure thermal properties of these alloys are

unknown (e.g. θD and γ) we assume them to be equivalent to those presented for hpc Fe (Bouchet et al.,

2013). For the compressional part, the data by Wicks et al. (2018) is refit with a Holzapfel EOS (eq. 5) to

Figure 2: Vinet EOS fit (solid line) to pressure and density data of Fe-7wt%Si and Fe-15wt%Si presented in Wicks

et al. (2018) and Holzapfel EOS least squares curve fit (dashed line, this study).
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yield the reference isothermal bulk modulus KT0 = 258.90 and its pressure derivative K ′
T0 = 3.86, when

the reference atomic volume is V0 = 11.266 A3/atom or 13569 mm3/mol (compare fig. 2). Again, we

calculate the thermoelastic properties of both end member constituents hcp Fe and bcc Fe-15wt%Si,

denoted subsequently by the subscript i, by the methods explained in section 5.1.3. Then, after the

methods described in Dumberry and Rivoldini (2015), and assuming ideal mixing, we yield the volume,

thermal expansion coefficient and bulk modulus of the mixture with

V =

2∑

i=1

XiVi, (12)

α =

(
2∑

i=1

XiαiVi

)
/V, (13)

KT = V/

(
2∑

i=1

Xi
Vi

KT,i

)
. (14)

Let X1 be the molar fraction of l-Fe and X2 be the molar fraction of l-Fe-15wt%Si then they relate as

X1 = 1−X2. X2 can thereby be calculated from the weight fraction of Si in the fluid, xSi, using

X2 =
xSi

XSi15

MFe

MSi(1− xSi) +MFexSi
(15)

where MFe = 55.845 g/mol and MSi = 28.086 g/mol are the molar masses of iron and silicon,

and XSi15 is the atomic fraction of silicon in l-Fe-15wt%Si (Dumberry and Rivoldini, 2015). Finally, the

isobaric heat capacity of the mixture is derived from the weight proportion of the constituents in the

mixture with:

Cp =
2∑

i=1

miCp,i. (16)

For most of our simulations xSi, the weight fraction of silicon in the core is initially set to be xSi =

9 wt.% (compare section 6.1.1).

10



5.1.5 Initial Temperature Profile

Following the set-up described in Noack and Lasbleis (2020), that build on suggestions made in Stixrude

(2014), a mantle wrapped by two TBLs give the structure defining our planet’s temperature profile. As

we have seen in section 5.1 the surface temperature is 300K increasing linearly across the lithosphere

TBL δl. At the bottom of the lid the temperature is set to start at the melting temperature, which is

approximatly 1800 K, varying with planet mass and iron content. From here we consider the proto-

mantle, shortly after crystallization of the magma ocean, to be convecting vigorously and therefore to

follow an isentropic temperature gradient:

(
∂T

∂p

)

S

=
αg

Cp
T (17)

The lower TBL (δc = 200 km) then increases in temperature linearly until the core-mantle boundary

(CMB here after). Although we acknowledge that different metallic fluid mechanisms and timing of metal

separation during core formation can alter the amount of heat transported to the core (Lichtenberg et al.,

2022), we mainly consider a "super-heated core" for our initial set-up (see e.g., Breuer and Spohn, 2006;

Breuer and Moore, 2015). We define this as the "hot" case (after Noack and Lasbleis, 2020) when the

initial CMB temperature Tc is the silicate liquidus temperature or accordingly the melting temperature

of pure MgSiO3. Alternatively, we also consider the "warm" case set as the silicate solidus (compare

section 5.1.6 for the melting temperatures). Similar to the mantle, we assume an isentropic temperature

gradient to the center of the planet.

5.1.6 Melting Temperatures

As we have shown, understanding how melting occurs, or at what point our proto-magma-ocean starts

crystallizing, plays a major role in confining a first order radial temperature profile. It is therefore crucial

for all subsequent dynamical modeling to pin this p-T-relation for the relevant mineral assemblages:

mantle rock, ferro-silicate alloys and iron. For the "hot" case pure MgSiO3 at the base of the mantle,

therefore assums that any impurities of FeO, Al2SiO3, CaO and excess MgO stayed in the melt-phase.

It should be noted here that this, however, conflicts with the thermodynamic properties created from the

mantle composition (section 5.1.1). This is because, mat_perplex.f90 (Balduin, 2025) does not consider

element depletion through processes such as fractional crystallization, meaning that in all n layers of our

model the composition considered is that presented in section 5.1.1. After Stixrude (2014) the silicate

melting temperature is

11



Tm,mantle = 5400K
( p

140GPa

)0.48
· (1− ln(1−Xi))

−1, (18)

where T is the melting temperature and Xi is the molar fraction of the impurities. For Xi = 0 the

melting temperature of pure MgSiO3 is obtained (liquidus curve in fig. 3, constraining the "hot" initial

CMB temperature Tc) and for the best fit earth values Xi = 0.21 (solidus curve in fig. 3, constraining

the "warm" Tc). Note that this function is extrapolated to high pressures and is based off of experiments

done between 0 - 140 GPa (Fiquet et al., 2010). Next, we compared multiple Fe-melting studies (e.g.

González-Cataldo and Militzer (2023), Kraus (2022), Li et al. (2020) Stevenson et al. (1983) and Stixrude

(2014)) and found that the Fe-melting curve presented by Stixrude (2014), align with these quite well for

Figure 3: Pressure - temperature fitted melting curves of iron, ferro-silicate alloy and brigmanite from various

studies. The line-style denotes the mineral type and the different studies are color coded. liquidus: denotes pure

MgSiO3 and solidus: considers impurities of FeO, Al2SiO3, CaO and excess MgO (Xi = 0.21, Stixrude (2014)). (a)

linear-scale, with all studies except the silicates plotted for the viable p-T-range. (b) log-log-scale, with chosen

studies over an extrapolated p-T-range.
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the lower pressures (compare fig. 3). The core melting temperature is therefore described by

Tm,core = 6500K
( p

340GPa

)0.515
· (1− ln(1−Xi))

−1, (19)

where T is the melting temperature and again Xi is used to describe impurities this time for the light

elements in the core. It only is a correction factor and is therefore unbound by weight or mole values

here. At higher pressures the curve by Stixrude (2014) plots slightly higher temperatures then the values

reported by the ab initio experiments from González-Cataldo and Militzer (2023). This was not corrected

for directly, as we can vary the light element correction factor to dampen the melting temperature. Note

here, that the melting curve of iron also crosses the silicate solidus curve at extrapolated pressures

which would result in a solid iron core (Xi = 0) at "warm" CMB temperatures and higher pressures

and therefore larger mass planets. This was also described similarly by González-Cataldo and Militzer

(2023), suggesting that higher mass super-Earth cores without or very little light elements would be

mostly or totally solid.

In the model cases with added light elements in the core a two component mixture of Fe and Si

has been considered. For this reason, melting curves of this composition have been viewed here as

well and one study was added given our exact core composition (Fischer et al., 2013). In their studies

they use synchotron X-ray diffraction to report the melting of Fe-16wt%Si (Fischer et al., 2012) and Fe-

9wt%Si (Fischer et al., 2013) in Earths pressure and temperature ranges (up to 140 GPa). While for

the Fe-16wt%Si alloy the melting temperature is reduced as expected by eq. 19, Fe-9wt%Si is slightly

increased over the hpc Fe melting curve (compare blue dashed line fig. 3). Although the later alloy

composition perfectly aligns with our Earth core composition, it was not considered further because

more volatile constituents (e.g., H, S, O, C), likely existing in Earth’s core have been shown to reduce it

as well (e.g. Komabayashi, 2014).

5.1.7 Interior Structure Calculation

The interior structure of our model planets are calculated with the updated version of model1D.f90 that

is a module within CHIC (Noack et al., 2017). This structure is firstly defined by a system of ordinary

differential equations based on some assumtions adding to the temperature profile described in sec-

tion 5.1.5. We assume the planet to be spherically symmetric, thus its mass and density to only vary

with radius where

13



dm

dr
= 4πr2ρ, (20)

further, to be in hydrostatic equilibrium,

dp

dr
= −gρ, (21)

and finally, with the Poisson equation for gravitational potentials, we obtain

Figure 4: Interior structure profiles of (a) pressure, (b) density, (c) temperature and (d) thermal expansion coeff. of

the initial state (t = 0) for a 1 M⊕ and xsi = 9 planet model with two end-member iron concentrations xFe = 30, 60,

plotted black and gray respectively. For comparison the PREM500 (Durek and Ekström, 1996) radial (a) pressure

and (b) density is plotted as a grey dashed line.
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dg

dr
= 4πGρ− 2

g

r
, (22)

where m is the mass, ρ is the density, p is pressure and G is the gravitational constant. As we have

seen, our completely differentiated planet with initial mass Mp builds a core mass Mc by the amount

of iron xFe that is limited by the fraction of iron in the mantle. The actual iron content of the planet is

again limited, however, if we assume the core to contain some fraction of light element(s) xi, as it is only

considered as a weight fraction of the total core mass. Or, expressed differently, the core iron summed

with the mantle iron does not equal xFe · Mp if xi > 0. This slightly unintuitive method is implemented

in order to uphold more freedom when tweaking the planetary structures of our models and should be

a point for future improvement. The calculations start with set values, configured to scale with Mp, of

densities in core and mantle (ρm and ρc). These then initially define the radii of the planet and core

Figure 5: Comparison of 10 hot super-Earth interior structures (a) with and (b) without light elements. The planet

mass and iron content is color-coded in the mantle increasing clockwise (yellow to purple, 1 - 5 M⊕, and color

opacity 50 - 100 %, xFe = 30, 60). The inner white labels denote their names. Note the slight change in initial inner

core size from (a) to (b). The distance noted at the surface of the models denote the planetary radius and the red

lithosphere and crust thickness decrease with mass (view section 5.1).

15



(Rp and Rc). With a pre-set resolution of n layers and our boundary conditions (see section 5.1 and

section 5.1.5) the system of ordinary differential equations are solved iteratively. The mass eq. 20 and

gravity eq. 22 are thereby calculated from the center upward, predefining both center values to be 0.

Conversely, the pressure eq. 21, temperature eq. 17 and thermodynamic properties eq. 9 - eq. 11 are

calculated from the surface inwards making use of mat_perplex.f90 (Balduin, 2025) for the mantle and

the EOS eq. 4 for the core. Finally, the radii are recalculated from our resulting structure and cut into

the same predefined resolution n. This process is then repeated until the calculation converges, or

|Rold −Rnew| is sufficiently small. In fig. 4 a part of the resulting profiles: pressure, density, temperature

and thermal expansivity, are plotted for an earth-sized planet with our two end-member iron contents

(xFe = 30 and xFe = 60). The Preliminary Reference Earth Model (PREM, Durek and Ekström, 1996) is

plotted for reference as well. Note that CMB (Rc) and Planet Radius (Rp) are also xFe-dependent and

Earths values fit between the end-member values 30 and 60.

In fig. 5 we demonstrate the structure of the resulting initial terrestrial planet models based on these

calculations. From this figure we can see how the varying mass, iron content and content of light

elements in the core effect the structure and planetary radius. We can see how the density anomaly in

the core with addition of light elements has a minor but noticeable effect on inner core crystallization and

planet radius even before our convection and heat-flow simulations. Although it would be possible using

the discussed model, we do not consider our planets to have an ocean or ice layer effecting cooling, for

simplicity. Please find all profiles uses for our super-Earths (fig. 5, b) in fig. 22 in the appendix.

5.2 Coupling Habitability, Interior and Crust (CHIC)

In this section we will discuss the visco-plastic mantle convection model. Although this is factually just a

segment of the entire code package CHIC (Coupling Habitability, Interior and Crust), recently developed

by Noack et al. (2015). With a multitude of major and minor updates and additions by scientists of the

working group (e.g., Balduin, 2025; Henke-Seemann, 2023), not least with the additions detailed in here,

it has been extended to encompass or better consider further endogenic and exogenic processes and

the core. To avoid confusion we will therefore address the entire code package as such and let CHIC

denote the mantle convective part of the simulation. Furthermore, the reader is referred to some of the

multiple previous works utilizing and discussing CHIC in more detail (e.g., Noack et al., 2015, 2017;

Henke-Seemann, 2023).

The entire code package was initially set up to address a suite of different planetary states and set-

tings of interest for simulations in 1D, 2D and 3D. The numerical grid can either be set as a box (carte-
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sian) or cylinder to spherical annulus (polar) geometry. The thermal evolution in 1D is implemented by

solving parameterized conservation equations for the mantle, based on boundary-layer theory, which is

akin to the core evolution model discussed here subsequently. For The 2D and 3D model structures,

instead the code makes use of a finite volume field approach to solve conservation equations of mass,

momentum and energy in the numerical grid. It solves the system of equations for an incompress-

ible fluid with the Extended-Boussinesq approximation, that reduces to the Bousinesq approximation if

the dissipation number is zero. This part of the code, the mantle, is therefore non-dimensional, as is

convention, while for our core evolution part we re-dimensionalize the variables passed, which is also

conventional to do so there.

5.2.1 Numerical Grid and Particles

To best mimic our planetary setting it is beneficial to consider the polar coordinate system. Although

it is clear that a full 3D spherical model would be the best choice in terms of the geometry, these

models are not able to compete with the resolutions that can be afforded by 2D models with our current

computational power. The cylindrical geometry is therefore a first order approximation that can be used,

however, it is unable to represent the radially dependent volume-change of the cells. While for a 2D

cylinder the cell size grows with the square of the radius 3D spherical cells grow with the radius cubed.

For this reason Hernlund and Tackley (2008) proposed a geometry they termed "spherical annulus" that

considers this deficit in 2D. By bisecting a spherical shell at the equator and adding a virtual thickness

that measures the implied direction of variations otherwise neglected, they could show that this approach

compares favorably to 3D counterparts when looking at the heat fluxes. For this reason it was chosen

throughout this study with a quarter annulus to maximize computational speeds.

A radial resolution of 50 km was chosen for almost all simulations, which results in nr = 36 radial

columns and nl = 160 lateral rows for the smallest mantle area (M1Fe60) and nr = 104 and nl = 230 for

the largest (M5Fe30). In fig. 6 the simplified diagram depicts how these cells are set up. CHIC utilizes

a staggered grid, which consists of multiple grids stacked and shifted with respect to each other. Each

cell is defined by a tuple of indices (i,k) that store their positions. Temperature, pressure and viscosity,

depending on the mineral assemblage, as discussed in section 5.1.1, are calculated and subsequently

stored at the center of the cells (compare fig. 6). The lateral u and radial velocities w are defined at the

cell walls and therefore make up a second staggered grid. This is where the physical equations solve for

velocity, thereby minimizing interpolation errors. Understanding viscosity between cells is crucial for fluid

dynamic simulations. For this reason initial material viscosities defined at the cell center of the material
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are interpolated to corner points with subscript N and center cell-faces denoted as A and B respectively

(see fig. 6).

CHIC makes use of the particle-in-cell method presented by Evans and Harlow (1957). There, La-

grangian particles, are tracked by the material point trajectory in a reference frame, our discrete grid

discussed above. In our simulations each cell initially contains 10 particles for a total amount of 239200

particles in the largest mantle (M5Fe30). Particles are assigned the material values ordered initially by

our interior structure (compare section 5.1.1). After each time step local averages of the material prop-

erties are stored newly in the cell-center depending on the interpolated values of all particles within the

cell and their respective positions. Hence, cell data changes with time depending on the movement of

the material.

Figure 6: Diagram of the 2D polar coordinate staggered grid with horizontal and vertical indexes (i, k). (a) depicts

the center points storing temperature, pressure and all other cell properties. The flow variables, lateral u and radial

w are calculated at the cell walls, shown in (b). (c) depicts the interpolated viscosity values marked on additional

intermediary nodes. Image modified after Noack et al. (2015).
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5.2.2 Non-Dimensionalization

Table 2: List of all non-dimensionalization coefficients with their respective physical quantity, that are

redimentionalized in the core.f90 module. Modified from Henke-Seemann (2023) after Christensen (1984).

Parameter o Non-dimensionaliztion coeff. or Units

distance r D m

time t D2ρrCp,r/kr s

temperature T ∆Tr K

thermal conductivity k kr W / (m K)

heat flow Q kr∆Tr/D W

For numerical convenience it has become common practice to non-dimensionalize all physical quan-

tities used in mantel convection simulations of higher dimension. The benefit being that the equations

are simplified and that the number of independent parameters are reduced. Further, numerical errors

are reduced, that would otherwise result when calculating quantities of different magnitudes. In order to

non-dimensionalize the physical variables CHIC follows the methods of Christensen (1984). Any param-

eter o is thereby a product of its non-dimensional counter-parameter o′ with the associated reference

coefficient or that is constant for each simulation with:

o = o′or. (23)

The resulting values of o′ are therefore in the interval between 0 and 1. For the temperature scale

we must make a minor adjustment as the surface temperature is not always 0. Hence we must add it to

our re-dimensionalized value to yield the true value by:

T = T ′∆Tr + Ts, (24)

where Tr and Ts are the reference temperature and the temperature at the surface of the planet

respectively. All parameters listed in tbl. 2 are used for re-dimensionalization in the core model and are

initially calculated from the interior structure (compare tbl. 5 in the appendix for Earth reference values).
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5.2.3 Conservation Equations

In this section we will introduce the equations governing the conservation of mass, momentum and

energy. A more detailed derivation of these equations can be found in numerous textbooks (e.g. Batch-

elor, 2000; Landau and Lifshitz, 2013). The relation of Lagrangian to Eulerian notation for the material

derivatives (time rate of change) of some physical quantity in a vector field are related by:

D

Dt
=

∂

∂t
+ (v · ∇), (25)

where the term (v ·∇) can be applied either to a scalar or a vector field and the bold notation implies

a vector field henceforth. The Lagrangian formulation of the mass conservation equation is:

Dρm
Dt

+ ρm∇ · v = 0, (26)

where ρm is the mass’ density and v the flow velocity. As there are no sources creating mass,

the right-hand side is naturally 0. For our simplifying assumption of an incompressible fluid the mass

conservation is thereby reduced to:

∇ · v = 0 (27)

The next well known equation, in the field of computational fluid dynamics, governing conservation of

momentum, is the Navier-Stokes equation (Claude-Louis Navier, 1785-1836 and George Gabriel Stokes,

1819-1903). It describes the momentum of an incompressible fluid in an external gravitational field when

the stress tensor is linearly related to the strain rate tensor. The Lagrangian form is written as follows:

ρm
Dv

Dt
= −∇p+∇τ + ρmg. (28)

where p is the pressure, τ is the deviatoric stress tensor and g is the gravitational acceleration of the

field. However, we can simplify this term by assuming that the internal forces, the left-hand side of the

equation, is zero due too the very high viscosities in our frame of reference, the mantle. Finally, we gain

a temperature related equation for the conservation of energy with the thermodynamic relation for the

internal energy dU = δQ+ δW , which can be expressed as:
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DU

Dt
= Cp

DT

Dt
−

αT

ρ

Dp

Dt
− P

∇ · v

ρ
. (29)

where U , Cp and α are the internal energy, heat capacity at constant pressure and thermal expansion

coefficient respectively (compare Ricard, 2007, for more details). Combining this with our conservation

equations of mass and momentum eq. 27 and eq. 28 and by finding expressions for the changing internal

energy, we yield the conservation of energy as:

ρCp
DT

Dt
= −∇(k∇T ) + αT

Dp

Dt
+Φ+ ρH + LmΓ. (30)

k, Φ, H and Γ are the thermal conductivity, the viscous dissipation, the volumetric heat production

rate of radioactive elements and the melt production rate respectively. The viscous dissipation, where

mechanical energy is transformed into heat, contains our previously seen diviatoric stress tensor τ and

is expressed as Φ = τ : v∇. The second to last term on the right-hand side contains the amount of

radioactive heat production (for U235, Th232 and K40) and the last term on the right-hand side handels

latent heat of melt, with Lm the latent heat of fusion (compare tbl. 5 in the appendix for their definitions).

The left-hand side of the equation descibes the total heat change of the mantle, which is balanced

by those terms previously described producing heat and the cooling occuring by the heat flow out of

the mantle, the negative term of the right-hand side. For an in depth discussion on the derivation and

individual components of this conservation of energy term the reader is referred to the works of Ricard

(2007) and Schubert et al. (2001). These three conservation equations (eq. 27 - eq. 30) are known as

the Extended-Boussinesq approximation where the non-chemical and non-thermal variations in density

are small enough to be neglected. A similar energy balance will be presented later for the core in more

detail (see section 5.3.3).

From these general forms of the conservation equations using the methods from Schubert et al.

(2001) and those discussed briefly in section 5.2.2 we can rewrite them to their non-dimensional form.

The conservation of mass, momentum and energy are then defined respectively as:

∇(ρ′v′) = 0 (31)

0 = ∇p̃′ +∇′τ ′ − α′ρ′g′T̃ ′Ra, (32)
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ρ′C ′

p

DT ′

Dt
= −v′zDi(T ′ +

Ts

∆Tr
)α′ρ′g′ +∇′(k′∇′T ′) + Φ′

Di

Ra
+ ρ′H ′ + L′

mΓ′, (33)

Note that, as in eq. 23, the subscript r denotes the reference value and a primed parameter its non-

dimensional form. Two non-dimensional numbers emerge here, from the convenient bunching of refer-

ence values. The first non-dimensional number is the Rayleigh number Ra = ρ2rgrαrCp,r∆TrD
3/(ηrkr),

that is a measure for the convective vigor as it relates buoyancy forces with dissipative reduction due to

diffusion. The second non-dimensional number is given by the dissipation number Di = αrgrD/Cp,r,

which, defines the rate by which heat is converted into mechanical work. If it is zero then the Extended-

Boussinesq approximation simplifies to the Boussinesq approximation. vz is the radial velocity com-

ponent and the variation from the reference state for pressure and temperature are noted by a tilde

(considering the formulations: p = p′pr + p̃ and T = T ′Tr + T̃ ).

5.2.4 Rheology of the Crust and Mantle: Stagnant Lid vs Mobile Lid

The two prominent surface tectonic end-member regimes for terrestrial planets are differentiated be-

tween the stagnant and mobile lid (sl and ml henceforth) and various initial conditions are currently

under debate for when either dominate (see e.g. O’Neill et al., 2007; Valencia et al., 2007; Korenaga,

2010; Stein et al., 2011; Van Heck and Tackley, 2011; Tikoo and Elkins-Tanton, 2017). Here we force

either surface regime without considering their possible initialization to uphold a sufficient amount of sim-

plicity while considering a change in surface heat flow and simultaneously mantle dynamics. It should be

noted that a stagnant upper layer can technically be reached in either case, but without surface yielding,

one is always present in the stagnant lid regime.

The plastic flow of mantle material can be considered as a very viscous fluid. In this case diffusion

creep is considered as the dominant deformation mechanism governing the mantle viscosity. The crystal

lattice can be assumed to follow an Arrhenius law with:

ηdiff =
G

2Adiff

(
d

b

)m

exp

[
Er + pVr

RT

]
. (34)

Where, the diffusion viscosity ηdiff is dependent on the shear modulus G, the length of the burgers

vector b, the grain size d, the hydrostatic pressure p, the temperature T and the universal gas constant

R. Er and Vr are the reference activation energy and volume of deformation respectively and are chosen

after Tackley et al. (2013) for the "upper-mantle" and "the upper bound" post-perovskite (ppv) phases
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(Eum = 300 kJ/mol, Vum = 5 cm3/mol and Eppv = 780 kJ/mol, Vppv = 1.7 cm3/mol). Contrastingly, to their

study, however, we do not increase the viscosity for Earth’s pressure range by two orders of magnitude.

For a first-order approximation of plate tectonics, plastic yielding occurs at high stresses through the

convecting buoyancy forces (see e.g. Trompert and Hansen, 1998; Tackley, 2000; Tackley et al., 2013).

The yield strength for crustal rocks thereby follows Byerlee’s law (Byerlee, 1978), which describes the

relation between normal stress σn and shear stress σy, and can be calculated for each layer of depth zi

with:

σy(zi) = σy(zi+1) + µσn(zi), (35)

where µ is the friction coefficient set to 0.6 and σn(zi) = ρ(zi)g(zi)(zi+1 − zi) is the normal stress of

hydrostatic pressure in each layer. Please note, that for our idealized mobile lid the surface yield strength

at z0 is set to 0 MPa in contrast to the experimentally determined σ0 = 50 MPa and we do not account

for the friction coefficient of µ = 0.85 at pressures below 200 MPa (Byerlee, 1978). Next we consider the

strain rate as a result of the gradients of the velocity field created by the convective buoyancy forces as

ϵ̇ =
1

2
(∇v + (∇v)T ), (36)

with which we can subsequently determine the viscosity of plastic yielding for an isotropic material

as,

ηpl =
σy

2ϵ̇
. (37)

Finally, the effective viscosity is calculated by choosing the mechanism that results in a lower value

in each cell as,

ηeff = min(ηdiff , ηpl) (38)

.

This is the criteria for our mobile lid (ml) setting. Contrastingly, without considering plastic deforma-

tion, the effective viscosity is always that of ductile diffusion creep (eq. 34). The lithosphere then remains

highly viscous and immobile, leading to a forced stagnant lid (sl) regime, where the interior retains heat

due to inefficient mantle cooling.
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5.3 Core Evolution

In the previous sections, we demonstrated how an initially radially symmetric planet, divided into multiple

shells, is expanded through interpolation to model convection in a 2D space. As the liquid outer core

drives the magnetic field, when trying to resolve convection numerically, we contest with serious order of

magnitude differences in viscosity. This ultimately leads to unresolvable numerical errors in the velocities

of either substance in mantle or core, considering that our model is built to resolve above 4.5 Ga of planet

history. Or expressed differently, modeling rocks along side liquid iron-alloys in higher dimension as fluid

and over geological time scales is currently unfeasible.

For this reason, the convection in the fluid outer layer of the core is seen as given. Conveniently,

this allows us to disregard a large portion of the research field of magnetohydrodynamics that tries to

describe the complex interactions of a conductive fluid medium with emergent and interlocked electric-

and magnetic fields in 3D space. Instead it justifies a spherically symmetric structure in 1D as we

have seen from section 5.1 and the subsections therein, which also constrains the computational effort

required by this module addition. It should therefore be noted that all continuing methods are a very

strong simplification of an actual terrestrial dynamo such as that on Earth. Some studies have addressed

this by combining secular variation with a state-of-the-art 3D geodynamo model (e.g., Driscoll, 2016).

However, to simulate approximately 2 Ga of evolution, they use simplified convection parameters that

differ by several orders of magnitude from realistic estimates for Earth’s core.

Here, we proceed by describing the processes within the core, their governing equations, and their

implementation into the 1D model (core.f90), which ultimately governs the construction of a geodynamo.

We start by giving a detailed structure of the core and continue with the core energy balance. Finally,

we present how a magnetic field is thought to be created from these core processes.

5.3.1 Core Temperature

In section 5.1 we have shown how our spherically symmetric planets are initially set-up for our sub-

sequent evolution model. The core, therefore simulates a singular to bimodel composition of iron and

silicon (compare section 5.1.4). As we can assume the liquid core to convect vigorously, the core temper-

ature also follows an isentropic temperature profile. Although we do consider cores to have a component

of light element and we acknowledge that seismic and geochemical analysis (e.g. Ma and Tkalčić, 2024;

Hirose et al., 2021) have discussed a chemical or temperature induced stratified layer, none is imple-

mented here. We will discuss this in more detail in section 7. From the core-mantle boundary (CMB)

with temperature of the silicate liquidus or solidus (see section 5.1.6, eq. 18) we continue to the center
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of the core isentropically (eq. 17).

Different approaches have been discussed in the literature when considering the temperature within

a solid inner core. These approaches are: (i) a constant temperature, (ii) a linear gradient, and (iii) the

one used here, such as in Nimmo (2015), the isentropic gradient is unbound by the phase transition as

a first order approximation. Keeping this abstraction in mind we solve eq. 17 to yield the radial and time

dependent temperature for the entire core. For a radially symmetric core eq. 17 can be simplified to:

dT

dr
= −

αg

Cp
T. (39)

Note that the rate of change is negative as we are not considering depth or pressure and the thermal

expansion coefficient α, gravity g and heat capacity Cp are also radially dependent. After rearranging

we integrate over the finite interval of the core radius with

∫ rc

r

1

T

dT

dr
dr = −

∫ rc

r

αg

Cp
dr. (40)

rc is the core radius and r is defined in the core interval, where 0 ≤ r ≤ rc. We then determine our

boundarary condition, the CMB temperature, to be Tc = T (rc) and solve the integral on the left-hand

side before rearrangements, which yields:

ln(T ) = ln(Tc) +

∫ rc

r

αg

Cp
dr. (41)

The radius dependent temperature function is then given, after raising the equation to the exponen-

tial, as:

T (r) = Tc · e

∫ rc

r

α(r′)g(r′)

Cp(r′)
dr′

, (42)

where the primed r is a convenient way to distinguish it from the functions variable and is not non-

dimensional here. Assuming that α(r), Cp(r) and g(r) do not change with temperature and therefore

time, only the CMB temperature Tc is time dependent, as described by Gubbins et al. (2003) as a rough

approach. Our final relation of temperature therefore changes with the cooling of the CMB and is:
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T (r, t) = Tc(t) · e

∫ rc

r

α(r′)g(r′)

Cp(r′)
dr′

. (43)

We will discuss the dependency of Tc on time further in section 5.3.3.

5.3.2 Inner Core Radius

With the temperature of the core defined we now can find at which time and radius the inner core crys-

tallizes during planet cooling by comparing eq. 43 with an updated melting curve eq. 19. We therefore

start by describing how the amount of light element varies in the liquid outer core considering a growing

inner core. Labrosse (2015) and Bonati et al. (2021) define a mass fraction relation for the case that no

light element enters the inner core. From the density anomalies in Earth’s inner core it is, however likely

that some light element is crystallizing (e.g. Hirose et al., 2021). For this reason we add an additional

weight fraction of light element in the inner core upon crystallization xi,ic that is assumed constant. The

temporal variation of light element in the outer core xi then becomes:

xi(t) =
Mcxi,ini − xi,icMic(t)

Mc −Mic(t)
(44)

where Mc and xi,ini are the core mass and the total weight fraction of light element in the core

respectively and are constant. After relating the weight fraction xi(t) to the light element correction

factor from Stixrude (2014) Xi,ini = 0.11 with

Xi(t) =
xi(t)Xi,ini

xi,ini
, (45)

the new melting curve becomes time dependent with change in light element concentration by

Tm(r, t) = 6500K

(
p(r)

340GPa

)0.515

· (1− ln(1−Xi(t)))
−1. (46)

Similar to what Morard et al. (2011), Bouchet et al. (2011) and Bonati et al. (2021) have suggested we

limit the lowest melting temperature by a eutectic point such that the temperature at 65 GPa is reduced

by ∆Tm = 1500K and find this to be true for Xi = 0.692 (compare (c) and (d) of fig. 7). At this point the

inner and outer core start crystallizing the same alloy, however we will see, that it is never reached in
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Figure 7: Comparison of ICB temperatures when utilizing the weight fraction method eq. 44 (right) or a similar

equation considering just the volume (left). (a) and (b) depict the pure iron melting curve Xi = 0 (dotted line), the

initial melting curve with Xi = 0.11 (gray line), the adiabat eq. 43 of M1_Fe30 at t = 0 (pink line) and the specific

melting temperatures of the models with Mp = 1M⊕ to Mp = 5M⊕ (yellow to purple line) and xFe = 30 or

xFe = 60 (50% or 100% opacity). Dots mark the pressure at the planets center. (c) and (d) depict the variance in

Xi with growing inner core. Pink dot marks ri of earth today and the reference value Xi = 0.11 (compare Stixrude

(2014)). CMB is left and core center right for all figures.
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any of our models (compare section 6). We note that this value is considering sulfur and other values

have been presented in Bonati et al. (2021) as well. However, here we chose the strongest reduction as

an approximation to facilitate a long lasting outer core, in order to successfully observe secular variation

of the produced magnetic fields.

The mass of the inner core Mic(t) depends on the inner core radius, which therefore directly depends

on eq. 46 and eq. 43. For this reason, and for the fact we cannot define an analytical solution for

Tm(r, t) = T (r, t) or Mic(t), based on contrasting methods in section 5.1 compared to e.g. Labrosse

(2015) and Bonati et al. (2021), we predefine all inner core masses depending on the finite interval of

the core radius. Given eq. 44, we can then rewrite it so that it only depends on the radius as

xi(r) =
Mcxi,ini − xi,icMic(r)

Mc −Mic(r)
. (47)

Considering eq. 45, the new expression therefore describes the temperature of all possible inner

core boundaries (ICB) of any time:

Tm,icb(r) = 6500K

(
p(r)

340GPa

)0.515

· (1− ln(1−Xi(r)))
−1. (48)

The ICB is then found where the core temperature gradient reaches one of these temperatures, and

progressively increases as the planet cools. Expressed numerically, we use the bisection method and

linear interpolation to find the intersection point, the inner core radius ri, or where Tm,icb(r) = T (r) in

each time step (t = const.). Figure 7 depicts this variation in ICB temperature as the inner core increases

in size. (c) and (d) show how the correction factor Xi (Stixrude, 2014) varies with increasing inner core

radius ri and is approximately independent of the model. Note that the pink line is Earth’s current inner

core radius and that there is close to no variation from an entirely liquid core (earth reference value:

Xi = 0.11 roughly equals the initial value Xi, ini). This is further substantiated by the fact that earths

current inner core only makes up ∼ 4% of the core mass.

Knowing ri we can then define the temperature Ti, gravity gi, pressure pi and density ρi at the ICB

through linear interpolation of the respective profiles that will be used subsequently.

The rate at which the inner core crystallizes depends on the cooling of the adiabatic temperature

profile. From eq. 43 we have made use of a simplification after Gubbins et al. (2003) and Nimmo (2015)

that relates the time variant CMB temperature Tc with the entire temperature profile. Following their

approach, the inner core radius growth rate is
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dri
dt

=
−1(

dTm

dP − dT
dP

) Ti

ρigi

1

Tc

dTc

dt
= Cr

dTc

dt
. (49)

Where, dTm/dP and dT/dP are the slopes of the melting curve eq. 19 and the adiabatic temperature

eq. 43 respectively. Contrastingly, Nimmo (2015), who consider the melting temperature by Stevenson

et al. (1983) do not consider the additional pressure change on the melting temperature upon change

in light element concentration. Therefore, we adapt his method by considering the slopes of our radius

dependent liquidus curves dTm,icb/dP instead (compare fig. 7 and eq. 48). Note that all factors in each

time step depend only on the rate of the cooling CMB (see section 5.3.4). Coincidingly, we can relate

the Lagrangian light element concentration rate with the CMB Temperature and therefore the change in

inner core radius as

Dxi

Dt
=

4πr2i ρixi

Moc

dri
dt

= CcCr
dTc

dt
. (50)

This is again a result of our previous assumption that the heat capacity and thermal expansion

coefficient of our core do not vary significantly with temperature and therefore time. In the next two

sections we will see how these values influence the core energy budget and in turn how it is governed

by its cooling.

5.3.3 Core Energy Balance Derivation

Here we will summarize a large body of work in core thermodynamics, considering their secular, or long

term, chemical and thermal evolution. From the early findings within Bullard et al. (1950), Verhoogen

(1961) and Braginsky (1963) until the more recent monumental studies by Braginsky and Roberts

(1995), Lister and Buffett (1995) and Labrosse et al. (2001) the following derivation is a compacted

summary of the contributing works by Gubbins et al. (2003), Gubbins et al. (2004), Nimmo et al. (2004)

and Nimmo (2015). In contrast to these methods, however, we further simplify the general energy bal-

ance expression by neglecting to consider the heat release by pressure change during cooling QP and

the heat of reaction of light elements at the ICB QH . The latter has been shown to equal zero if the

heat of reaction between iron and some light element is constant and QP is described to make up only

a small portion (Nimmo, 2015). We further do not consider heat produced by radiogenic isotopes, al-

though their implementation here is straight forward, because their presence in the core is assumed to
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be negligible (see section 7 for more details). For the sake of completion, however, we choose to keep

their expressions in the proceeding derivation.

A geodynamo necessitates the initial spark of an overlain magnetic field to induce an intrinsic mag-

netic field through Faraday’s law in increasingly complex interlinked couples of electrical currents and

their induced magnetic fields. The geodynamo therefore requires a constant stream of kinetic energy to

overcome ohmic dissipation, which otherwise would ultimately lead to its collapse. The buoyancy forces

driving the main kinetic energy source: convection, of the conductive layer are either thermal (core cool-

ing, radioactive decay and latent heat release at the inner core boundary) or compositional (light element

release at the inner core boundary). Competing against these sources is the amount by which heat is

conducted along the isentropic gradient. If the core cools rapidly (i.e. the CMB heat flow QCMB is high)

then more entropy is available to drive the dynamo, while for a reduced core cooling rate an increase in

thermal conductivity may cause convection to cease as conduction is sufficient to cool the core (Nimmo,

2015). Understanding the flow of energies within and out of the core is therefore essential to determine

the strength of these buoyancy forces governing the existence of a geodynamo.

A very general energy balance expression in the core of a terrestrial planet can be written after

Gubbins et al. (2003) as:

d

dt

∫
ρedV

︸ ︷︷ ︸
internal energy

+
d

dt

∫
1

2
ρv2dV

︸ ︷︷ ︸
kinetic energy

+

∫
∂

∂t

B2

2µ0

dV

︸ ︷︷ ︸
magnetic energy

=

−

∮
pvdS

︸ ︷︷ ︸
pressure work

−

∮
E×B

µ0

dS

︸ ︷︷ ︸
electromagnetic work

+

∮
v · τ ′dS

︸ ︷︷ ︸
traction work

−

∮
qdS

︸ ︷︷ ︸
CMB heat-flow

+

∫
ρhdV

︸ ︷︷ ︸
generated heat

+

∫
ρv · ∇ΨdV

︸ ︷︷ ︸
graviational work

. (51)

Where e is the internal energy, v is the core fluid velocity, µ0 is the permeability of free space, E

and B are the electric and magnetic fields, S is an outward pointing normal surface vector, V is the

volume of the entire core, h is the local volumetric heat generation, Ψ is the gravitational potential

and τ ′ again denotes the deviatoric stress tensor (see eq. 28). In section 5.3 we discussed that it is

computationally intractable to model the fluid velocity of iron alongside that of convecting rock as their

convecting time scales differ by many orders of magnitude (10 - 100 Myr for earths silicate mantle

(Gunawardana et al., 2024) and <10 yr for liquid iron (De Wijs et al., 1998)). Nimmo (2015) therefore

make use of a simplification discussed in Braginsky and Roberts (1995) that the time fluctuations of the

magnetic and kinetic energies are negligible in this period. Therefore equations two and three on the
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left hand-side (LHS) are zero. The next simplification arises by assuming the mantle to be a perfect

insulator, thereby neglecting to consider the electromagnetic fluxes at the CMB and similarly to assume

a stress free boundary, which removes the work produced by traction forces on the RHS of the equation.

This aligns with our previous simplification to not consider stable stratification.

Let the fluid velocity of the core v average to equal a contraction speed u over our discussed time

scales, then, by implementing the Lagrangian derivative eq. 25 and considering our simplifications, we

can rearrange eq. 51 as (Nimmo, 2015):

∮
qdS =

∫
ρhdV −

∫
ρ
De

Dt
dV +

∫
ρu · ∇ΨdV −

∫
∇ · (pu)dV. (52)

For a crystallizing inner core the internal energy e depends on the rate of change of entropy ds,

pressure p, and concentration of light element xi, which are related to temperature T in a two-component

mixture by

Tds = de−
pdρ

ρ2
− µdxi, (53)

where µ is the chemical potential. Using eq. 53, Maxwell’s relation and the conservation of mass

(eq. 26) we can rewrite the definition of the cores internal energy, the second integral on the RHS of

eq. 52 as:

∫
ρ
De

Dt
dV =

∫
ρCp

DT

Dt
dV −

∫
αT

Dp

Dt
−

∫
ρT

Dxi

Dt

(
∂µ

∂T

)

p,xi

dV −

∫
p∇ · udV +

∫
ρµ

Dxi

Dt
dV. (54)

See Gubbins et al. (2003) for a more detailed derivation of this step. From here we can concatenate

the third and fifth integrals on the RHS by defining the heat of reaction Rh:

Rh = µ− T

(
∂µ

∂T

)

p,xi

. (55)

Then, we substitute the internal energy term back into eq. 52 and simplify to yield the relation:

∮
qdS =

∫
ρhdV −

∫
ρCp

DT

Dt
dV +

∫
αT

Dp

Dt
+

∫
ρRh

Dxi

Dt
dV +

∫
ρu · ∇ΨdV. (56)
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Note that the signs of all integrals in eq. 54 have flipped here, because the internal energy is negative

in eq. 52. After Gubbins et al. (2004) we use a dimensionless coefficient αc relating the core density

sensitivity to the change of light element concentration,

αc = −
1

ρ

(
∂ρ

∂xi

)

p,T

≈
∆ρi
ρi∆xi

(57)

in order to redefine the last integral on the RHS by the variation of light element per time. Here,

ρi and ∆ρi are the density at the ICB, the density change at the ICB due to change in light element

concentration ∆xi respectively. The density change ∆ρi is thereby calculated using the EOS, presented

in section 5.1.4, of the two Fe-Si alloys (outer core OC, inner core IC) at the pressure pi and temperature

Ti of the ICB.

Finally, we add the latent heat release defined by the change in inner core radius (eq. 49) and the

latent heat Lh after Nimmo (2015) to yield the complete core energy balance as:

∮
qdS

︸ ︷︷ ︸
QCMB

=

∫
ρhdV

︸ ︷︷ ︸
QR

−

∫
ρCp

DT

Dt
dV

︸ ︷︷ ︸
QS

+

∫
αT

Dp

Dt︸ ︷︷ ︸
QP

+

∫
ρRh

Dxi

Dt
dV

︸ ︷︷ ︸
QH

+

∫
ρΨαc

Dxi

Dt
dV

︸ ︷︷ ︸
QG

+4πr2iLhρi
dri
dt︸ ︷︷ ︸

QL

. (58)

Where QCMB is the core-mantle-boundary heat flow out of the core, QR is the radiogenic heat

production, QS is the secular cooling, QP is the pressure heating, QH is the heat of reaction between

iron and light element, QG is the release of gravitational potential energy and QL is the latent heat

release upon inner core crystallization. Note that the mantle energy conservation equation (eq. 30)

used in CHIC, essentially combines similar terms if they are integrated over a specific volume, however

different physics in the mantle, necessitate to consider a slightly varying compilation of terms there. By

neglecting to consider QR, QH and QP in our core model, as discussed above, our complete energy

balance is simplified to:

QCMB = −QS +QG +QL. (59)
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This energy balance is reduced to QCMB = −QS as long as it is hotter than the Fe- / FeSi-liquidus

every where in the core, or accordingly, no inner core is yet crystallizing. Note that we graph cooling

terms QCMB and QS as positive if heat leaves the core.

5.3.4 Solving the Energy Balance Equation

In this section we will derive all energies QCMB , QS , QG and QL in this order, and subsequently show

their dependence on the CMB temperature Tc by solving for it. With our spherically symmetric core,

Fourier’s law of thermal conduction can be written as

q = −k∇T = −k
dT

dr
(60)

where q is the heat flux and k is the thermal conductivity. As the mantle, along which conduction

occurs, is two dimensional, we average the lateral temperature variation within the 2D grid to obtain the

CMB heat flow with

QCMB = −Ackm

(
∂⟨T ⟩

∂r

)

r=rc

, (61)

where Ac = 4πr2c is the core’s surface area and km = k′mkr the thermal conductivity of the man-

tle. The partial derivative of the average temperature is redimentionalized as ∆⟨T ⟩/∆r = ((T ′
c −

⟨T ′
1⟩)∆Tr)/(∆r′D), see eq. 24 and tbl. 2).

The partial derivative of T (eq. 43) over time and multiplied by Tc on both sides is given by:

Tc ·
∂T

∂t
=

dTc

dt
· e

∫ rc

r

α(r′)g(r′)

Cp(r′) · Tc (62)

Then, by replacing the last two products of the RHS with eq. 42 and dividing by Tc we simplify to yield

∂T

∂t
=

dTc

dt

T (r)

Tc
(63)

The material derivative of the core temperature for our setting is described as

DT

Dt
=

∂T

∂t
+ u

dT

dr
(64)
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where, after Gubbins et al. (2003), the core contraction speed u is considered small enough to be

neglected, so that after substitution we yield the final relation (Nimmo, 2015):

DT

Dt
=

T (r)

Tc

dTc

dt
(65)

This term lets us relate the change in inner core radius dri/dt and effectively the concentration of

light elements Dxi/Dt in the outer core with the CMB temperature change dTc/dt (compare eq. 49 and

eq. 50 in section 5.3.2). The secular cooling, governing the amount by which the entire core cools over

our long time scales, can then be redefined by implementation of eq. 65 and substitution of the volume

with radius as:

QS =

∫ rc

0

4πr2ρ(r)Cp(r)
T (r)

Tc

dTc

dt
dr = Q̃S

dTc

dt
(66)

Note that QS is positive here as it switches sign in eq. 59. After excluding the r independent dTc/dt

from the integral we define a new variable Q̃S . The gravitational energy release occurs, through the

reordering of a higher density iron and light element alloy in the crystallizing inner core compared to the

original, well mixed liquid composition. From the interior structure (section 5.1.7, eq. 22) we know the

gravitational acceleration g(r) of the core defining its potential as:

Ψ(r) = −

∫ rc

r

g(r′)dr′. (67)

When inputting eq. 50 into QG of eq. 59, adding the definition of our gravitational potential eq. 67 and

again substituting the volume integral with radius we yield:

QG = −

∫ rc

0

∫ rc

r

4πr2ρ(r)g(r′)αcCcCr
dTc

dt
dr′dr = Q̃G

dTc

dt
(68)

Note that QG is positive, because the variable Cr, defined in eq. 49, is negative. Again, we define the

equation part excluding the CMB temperature change with a tilde as Q̃G. The latent heat QL is released

by the phase change of the alloy making up the inner core and is therefore defined by the change in

inner core radius (eq. 49) as:
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QL = 4πr2iLhρiCr
dTc

dt
= Q̃L

dTc

dt
(69)

where the latent heat (Lh = Ti∆Sm) is defined by the temperature at the ICB and the initially calcu-

lated entropy of melting respectively (∆Sm = 122.74 Jkg−1K−1). This is similar to Poirier and Shankland

(1993), who report values between 118 - 136 Jkg−1K−1. From ab initio experiments for hcp iron, con-

ducted by Alfè et al. (2002) between 50 - 350 GPa, we know that for pure iron the entropy change on

melting is roughly linear from >150 GPa onwards, and with only a small negative rate towards higher

pressures, therefore a constant value is a good approximation here. However, more research is neces-

sary to confine values for FeSi and other light element alloys.

Finally, with the latent heat also dependent on a product of the factor Q̃L with the CMB temperature

change, the core energy balance (eq. 59) can be rearranged to only depend on dTc/dt by implementing

eq. 66, eq. 68 and eq. 69 as:

dTc

dt
=

QCMB

−Q̃S + Q̃G + Q̃L

. (70)

5.3.5 Geodynamo

Olson and Christensen (2006) found scaling laws for the surface magnetic moment and field strength

by comparing 145 dynamo models that all implemented Boussinesq conditions. These are related to

the thermal and chemical buoyancy fluxes presented going forward, which in turn were retrieved by

comparing the conventional Ekman, Nusselt, mag. Prantl, Rayleigh and mag. Reynolds numbers (view

Olson and Christensen, 2006, for their definition). By establishing the convective heat flux as the differ-

ence between total heat flux at the CMB (qCMB = QCMB/(4πr
2
c )) and the conduction along the adiabat

(qad = kc
dT
dr ), we can define the thermal buoyancy flux FT as:

FT =
αg

ρCp
(qCMB − qad) (71)

where kc is the thermal conductivity in the core and g, α and Cp are chosen at the CMB.

Following Driscoll and Bercovici (2014) the chemical bouyancy can then be calculated with the

change in inner core radius eq. 49 as:
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Fx =
gi∆ρi
ρi

(
ri
rc

)
dri
dt

(72)

Notice that this term is zero as long as no inner core has crystallized, which will be a prominent

observation in our results (section 6). After Olson and Christensen (2006) the magnetic dipole moment

can then be derived from eq. 71 and eq. 72 as:

m ≃ 4πr3cγ

(
ρ

µ0

)1/2

((FT + Fx)(rc − ri))
1/3 (73)

where µ0 = 4π · 10−7 Hm−1 is the magnetic permeability and γ = 0.2 is a fitting constant for fast

rotating dynamos. In their studies, Olson and Christensen (2006) describe the factor γ as a relation

between non-dimensional magnetic field strength - they dubbed the "Lorentz Number" (Christensen and

Aubert, 2006) - and the specific Rayleigh number. They find values between 0.1 - 0.2 to best fit their

results, however as in Bonati et al. (2021) we choose the latter.

We calculate the CMB magnetic field strength BCMB by,

BCMB = γ(ρµ0)
1/2((FT + Fx)(rc − ri))

1/3 (74)

and then yield the magnetic field strength at the surface of the planet by scaling it with the cubed

distance:

Bsurface = BCMB(rc/(rp))
1/3. (75)

Note that both equations curiously, are not dependent on the planet rotation rate Ω. For a magnetic

field to be operational as a dipole, as suggested by dynamo simulations (compare e.g Christensen and

Aubert, 2006), the magnetic Reynolds number,

Rm = v(rc − ri)µ0σ, (76)

must exceed a crical value (Rm,crit = 40). Where µ0 is the magnetic permeability and σ here is

the conductivity of the material, the core alloy. We use resistivity values by Zhang et al. (2022), who
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found ab initio and experimental values to fit Fe-4.3Si and Fe-9Si (80 and 90 µΩ cm respectively) at 120

GPa and 4000 K. Then we interpolate between these values linearly to get σ(xi(t)) assuming that the

electrical conductivity does not vary with pressure and temperature. After Olson and Christensen (2006)

we further calculate the root-mean-square (rms) fluid velocity v of our convecting inner core as:

v ≃ β

(
rc
ri

)2/5(
(rc − ri)

Ω

)1/5

(FT + Fx)
2/5. (77)

Where β = 0.85 is a scaling relation factor for basel heated models and used by Olson and Chris-

tensen (2006) for the earth. Further, we use the rotation rate of earth (Ω = 7.29 · 10−5s−1) for all of our

simulations. From eq. 73, eq. 74 and eq. 77 we can determine three conditions when the magnetic field

ceases to exist: (i) The convection speed is below the magnetic Raynolds number threshold, (ii) The

CMB heat flux is to low and (iii) The core is completely solid.

The main limitation discussed by Olson and Christensen (2006) is therefore, that we are only describ-

ing dipole models with the above noted scaling laws. More complex multi-polar regimes are neglected

in our time evolution (see e.g. Driscoll, 2016, for a discussion on this for Earth).

5.4 The Numerical Model and Post-Processing

In this section we present our completed model and the work-flow. The entire code package CHIC

(Noack et al., 2015) is written in Fortran. Two computer systems were utilized throughout this study

to run the simulations. The first is THOR, equipped with 32 GB RAM, L3 cache of 22 MB, supporting

a NUMA (Non-Uniform Memory Access) architecture with two nodes: Node 0 (CPUs 0-7,16-23) and

Node 1 (CPUs 8-15,24-31) and a 2.1 GHz Xeon Silver processor. The second is CURTA (Bennett et al.,

2020), a general-purpose high-performance computer operated by the Zentral Einrichtung Datenver-

abeitung (ZEDAT) of Freie Universität Berlin, with 170 nodes of varying memory. The processing of our

geodynamical simulations in CHIC both active or done automatically can generally be simplified into

three main steps: (i) Interior structure production, (ii) Simulation-start and (iii) Post-processing.

(i) The interior structure code part (model1D.f90) was initiated as the first step during this research

and compared initially with similar results to adjust initial conditions as Earth-like. Utilizing the methods

described in section 5.1 the code calculates, among others, the radial profiles of radius r, pressure

p, density ρ, gravity g, temperature T , heat capacity Cp and thermal expansion coefficient α with a

resolution of n = 1000 based on the input parameters briefly discussed. After a period of adjustments

and corrections in this module, especially the implementation of a light element, the structures of the
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10 simulations (mass: 1 − 5M⊕ and iron fraction 30, 60%) were set and subsequently reused for all

simulations (unless stated otherwise).

(ii) Using the same executable, termed CHIC, the code is run with a new input file together with the

output of the interior structure. The code is thereby structured in an initialization stage and the sub-

sequent time-dependent iteration to a preset end-time (5 Gyr for all our simulations, compare fig. 8).

Subsequently, the iteration starts updating the thermodynamic state of the model planet. core.f90 is

therefore set up with two main subroutines which are joined within CHIC at these logical positions re-

spectively. The initialization subroutine in core.f90 reads the interior structure file and stores new struc-

tural arrays extended in resolution (n = 5000 for all our simulations) by the cubic spline method. We

further implement the midpoint integration for all numerical integrations necessitated by our methods in

section 5.3 and the subsections therein. The time iterated subroutine "core cooling" is further set up in 6

blocks. In the first block the inner core radius is determined by the bisection method (where Tm = T ) and

all ICB related parameters are then found through linear interpolation of the upper and lower boundary

index. Next, the core heat is calculated with CHIC’s updated CMB heat flow and then, after updating

the entire core temperature array, the new CMB temperature is non-dimensionalized and passed back

interior 

stucture input 

radial profiles

data output

did Rp converge? reconfigure 

post processing 

no

QCMB

TC

yes

planet evolution

 input 

CHIC
1D Model
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Figure 8: Schematic sketch of the workflow within and outside of the Model CHIC. The diamond denotes the input

file which can be varied to either simulate planet evolution or build the interior structure. The white squircles are

decissions and processes. The blue squircles are the output files, the grey squircles is all code related to the

initialization and 1D structure and the pink squircles are the time iterated thermal evolution part of the code.
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to CHIC. In block five, the geodynamo related expressions (view section 5.3.5) are defined by the core’s

heat variables. Finally, in the last block of the subroutine, fifteen time-dependent variables are written to

the core’s output file.

(iii) The subsequent core data file is than further analyzed in jupyter notebooks with python and

a small library of functions for automated uploading and reading of the data. Coming with the code

package CHIC are a multitude of data visualization routines written primarily in python (e.g. Büttner

2024, unpublished) and were used for quick insights into the current simulation states.

The three main steps are combined in a schematic diagram depicted in fig. 8. The white box labeled

CHIC denotes all automatic processes occurring within the code package and those outside denote the

active decisions described previously.

6 Results

In this section, we report our results that are subdivided into three main subsections. In the first sub-

section, we investigate, by variation of the CMB temperature, light elements in the core, and the lid

regime governing the cooling mechanism of the mantle, how well current best estimate Earth values fit

our modeled evolutions. In the second subsection, a parameter sensitivity analysis of the light element

melting coefficient and mantle grid resolution is undertaken, to iron out some of the possible numerical

artifacts. In the last subsection, we report the effect of the planetary scaling of iron and planet mass on

the geodynamo in super-Earths. Therein we further vary the initial heat and lid regime to also consider

their difference.

6.1 Earth Reference Study

6.1.1 Interior Structure

For an Earth reference case study we initially varied the weight fraction of silicon in the entire core,

creating 15 interior structure data with 1 - 15% silicon in the core. To achieve a core mass fraction of

∼ 32.5% the best fitting value for the planetary iron was found to be 37.4%, which was kept constant

throughout this analysis. In fig. 9 the resulting density profiles are plotted against the planet radius with

PREM (Durek and Ekström, 1996) as a reference. The compiled mantle composition (see section 5.1.1)

depicts a very good alignment with Earth’s lithosphere and mantle density structure. The noteworthy

deviations close to the CMB occur from creating the profiles in the "hot" scenario (see section 5.1.5) with

the lower TBL of about 200 km (see section 5.1) covering the span of the negative density anomaly in
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the lower mantle quite well. It is still visible with a "warm" CMB temperature, but slightly less pronounced

(see fig. 10). The magnitude of the median core temperature on the core density variation can be seen

in fig. 10 as well. With a fixed Earth-like core mass fraction (CMF) we find that 9 wt.% silicon in the

core best represents the Earth’s density structure aligning with the CMB, however, with a slightly smaller

radius, that increases with silicon content. Likewise, we find the inner core density to best fit a core with

5 wt.% Si and assume that the overall structure would only be effected to a minor degree were it to be

considered in the density profile, as the inner core only makes up ∼4% of the entire core mass. These

values of light element in the inner and outer core were used in all subsequent simulations within this

study termed as the "chemical core" cases (cc).

To consider the difference of CMB temperature variation on the interior structure both warm and hot

profiles were created for our subsequent modeled earth evolution. Additionally, we increase the amount

Figure 9: Interior density structure of our newly implemented FeSi EOS for an earth reference planet. Variation of

silicon weight fraction with fixed xFe = 37.4 achieves a core mass fraction (CMF) of 32.5%. Mantle composition is

set as in section 5.1.1 and as the "hot" scenario. Best fit values for the outer core is xSi,OC = 9% and for the inner

core is xSi,IC = 5%.
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of planetary iron to 40% to fit the CMB radius with a denser core of pure iron, and thereby consider an

alternative geodynamo evolution termed the "thermal core" (tc) henceforth. The resulting density profiles

of these four cases are depicted in fig. 10 along with the phase transitions of the main mantle minerals.

Although, the HeFESTo mineral phase database (Stixrude and Lithgow-Bertelloni, 2022) does consider

calcium-, sodium-, aluminosilicates, the interior structure model integrates the olivine phase transitions

to create the viscosity profile. Here we plot both, as the visco-plastic modeled mantle rheology is effected

by reference volume and activation energies conditioned by the plotted transitions (see section 5.2.4).

This can be seen in fig. 10, where the olivine (ol) to wadsleyite (wa) transition occurs at a approx. 50 km

lower depth than the density jump and appears smoother. The density structure therefore incorporates

Figure 10: Four Earth reference interior structures. Mantle mineral phases are colored from dark green to yellow

based on decreasing P/T stability range (post-perovskite to diopside and anorthite). (a) warm and (b) hot depict

the chemical core (cc) cases with xSi = 9%. (c) warm and (d) hot depict the thermal core (tc) cases with no light

element in the core. Planetary iron was adjusted to fit the earths CMB radius (a, b: xFe = 37.4% and c, d:

xFe = 40%).
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the wadsleyite to garnet (majorite) + ferropericlase transition between 450 and 590 km depth and 2000-

2500 K (Li et al., 2025), that is not reflected in the calculation of the viscosity profile at this point.

Accordingly, we cannot see any relation of the negative and positive density anomaly near the CMB

with the plotted bridgemanite to post-perovskite transition. However, a minor increase of the density

directly above this zone can possibly be attributed to only a thin sliver of post-perovskite appearing with

HeFESTo (compare section 6.3 and section 7 for further details). From here on we will describe the ppv-

layer as the noticeable transition occurring from the olivine phases represented as a higher viscosity

layer and depicted as the dark-green colored regions in fig. 10. We find the thermal to chemical cases

to vary with a thicker ppv-layer, a denser core and smaller planet radius while a core with light elements

shows a better alignment with PREM overall. The warm case shows a thin ppv-layer within 200 km of

the CMB (fig. 10, a) while the hot case does not (fig. 10, b). A hotter core also increases the planetary

radius (by e.g. 7 km from fig. 10, a to b).

6.1.2 Mantle Rheology and Viscosity

With the four reference Earth interior structures we created eight simulated evolutions by considering and

not considering plastic yielding for the effective viscosity, to force two lid regimes: mobile and stagnant

(ml, sl). In fig. 11, depicting the evolution after 4.5 Gyr, we find a consistant overlap of those models with

a post-perovskite layer (compare fig. 10) to have a highly viscous layer of similar thickness above the

CMB in the lower mantle. The ppv-layer is a relatively stable feature throughout planetary evolution and

is approx. 3 - 5 orders of magnitude more viscous than the bridgemanite layer directly above.

In stagnant lid cases, the viscosity structure is governed by a highly viscous (> 1025 Pa s) lithosphere

with a comparatively slushy interior. A slight viscosity anomaly at the ringwoodite (rw) to bridgemanite

(bg) transition can be seen at ∼ 660 km depth in cc cases and around 50 km shallower depth in tc cases.

This transition is independent of lid regime, and does not majorly limit the flow direction or geometry of

thick, cold and viscous slabs sinking to the core in the mobile lid regime. Note that they do not resemble

tomographic images of Earth’s plate tectonics, as our mobile lid is only a strong approximation towards

an idealized extreme crustal mobility. This regime is used as a simplified mechanism to model end-

member cooling conditions for an Earth-like planet. General trends are visible in fig. 11 as well. The

colder core of the warm cases drive convective flows less efficiently and lead to higher mean mantle

viscosity related to the similarly lower mean temperature after 4.5 Gyr of evolution. Note that this trend

is visible in all simulations from warm to hot but is increasingly amplified in the cc cases. Most notably

we find, however, that the rms velocity is strongly reduced to below 1 cm/yr at the CMB in cases with
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Figure 11: Mantle evolution of the four Earth reference cases after 4.5 Gyr with forced stagnant lid (left) or mobile

lid (right). Depicted are root-mean-sqaure velocity (top) and viscosity (bottom) for all eight cases with color coded

core and planet radius. Rms velocity and viscosity scaling was chosen for best visibility. Note that this artificially

truncates some of the information in the positive extreme (the model limits the viscosity extremes to between 19

and 30 orders of magnitude).
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the ppv-layer compared to above 7 cm/yr for those without. Additionally, we find a concentration of heat

in the ppv-layer with a cooler upper mantle in contrast to a more even temperature distribution without a

ppv-layer. A lack of a ppv-layer is therefore related to a higher convective overturn or material exchange

rate. On the other hand, the ppv-layer thickness comparing warm cases from cc to tc cases does not

show a significant impact on the viscosity, temperature, or root-mean-square (rms) velocity after 4.5 Gyr.

For better comparison rms velocity and viscosity was scaled unanimously in fig. 11, hiding some

of the finer variation in the viscosity profile. However, a small viscosity undulation can still be seen

in the CMB-lid of the hot, tc models, that reveal convective cells connecting the CMB with the lower

viscosity bridgmanite mantle. These cells form in the first 400 Myr and, beside widening a little, stay

relatively stable during the 5 Gyr of planetary evolution. They are further visible as a decrease by almost

an order of magnitude in the radial profiles depicted in fig. 12 (b) after 2.6 Gyr and 5 Gyr respectively

from the minimum (plotted in green) to the maximum viscosity (plotted in red). Accordingly, we find that

the temperature is higher in these cells with a very uneven distribution in contrast to those simulations

without a ppv-layer, as previously described. In fig. 12 the hot, ml cases of cc (a) and tc (b) are compared

over three snapshots in early, middle and late periods of the evolution. Therein, the viscosity evolution

can be seen to reflect the planet cooling efficiency. Note as well that the initial minimal viscosity in

the tc case (100 Myr, b) is an order of magnitude higher, but only varies slightly after 5 Gyr from its cc

counterpart. Captured in the first snapshot (fig. 12, a, 100 Myr) is likely a numerical artifact of convection

Figure 12: Rms velocity and viscosity evolution in the earth reference cases with a hot CMB temperature, a mobile

lid and (a) with light elements in the core (cc) and (b) without (tc). Green, blue and red curves give min., mean and

max. of all lateral values respectively. Note how a CMB-lid only has a minorbut noticeable effect on convection

vigor and geometry of the upper mantle.
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onset, due to a high viscosity contrast at the CMB. This feature is completely dispersed in the next 200

Myr, where the snapshot is similar in geometry to the rms viscosity of 2.6 Gyr. A similar numerical artifact

will be described in more detail in (section 6.2.2). Finally, a list of precondition parameters for the mantle

and core can be found in tbl. 5 and tbl. 6 in the appendix for the ml, hot, cc case and only deviate with

the non-dimensionalization reference values and yield stress setting to the other simulations.

6.1.3 Thermal Evolution and Geodynamo

By gathering the evolution of reference Earth’s mantle rheology, we can now continue to investigate its

effect on the entire thermal evolution of the core and mantle and how this effects the existence and

strength of a surface magnetic field. Our key finding is thereby depicted in fig. 13 (c) plotting the CMB

heat flow over 5 Gyr of evolution. We find that the hot, cc cases with mobile or stagnant lids initially

show a five to ten times higher heat flow into the mantle than all other cases, warm, cc or those with

a pure iron core (tc). Nakagawa (2020), by reviewing recent models, find today’s value to lie within

11-15 TW, which is underestimated by all cases except the hot, cc CMB heat flow. Similarly, as we

have seen in section 6.1.1 and section 6.1.2 those models showing a lower QCMB correspond with

having a highly viscous post-perovskite layer in contrast to the hot, cc cases without. Accordingly,

we find that the CMB temperature, governing the temperature of the entire core cools, and a solid

inner core grows less efficiently in those cases (compare fig. 13, a and b). Therein, we can also see

that none of our models reach a current day inner core size (plotted as a black line). Furthermore,

the surface regime (ml or sl) shows minimal to no noticeable effect on all variables governed by core-

cooling, whereby cooling of the CMB temperature in fig. 13 (a) of the hot, cc cases show the strongest

deviation by cooling more efficiently with a mobile lid. Contrastingly, we find the surface heat flow to

be four to five times more efficient than in the stagnant lid regime, however, overestimating a compiled

Earth value of 44 TW by Pollack et al. (1993). This further demonstrates that the rheology of our

mobile lid setting is only an idealized approximation enforcing extreme cooling. The stagnant regime lid

thicknesses are comparable resulting in very similar surface heat flow values. By utilizing our ferrosilicon

EOS (section 5.1.4) and combining it with the increasing expulsion of silicon into the liquid outer core,

we find a roughly linear increase in density change across the inner core boundary (compare fig. 13, e)

that is negatively proportional to the cooling rate of the CMB temperature. With no light element in the

cores of the thermal core (tc) cases the ICB density change and accordingly the gravitational energy

and chemical buoyancy flux is zero.

Although the two hot, cc, ml and sl (red) cases do show initial diversion in the CMB heat flow resulting
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Figure 13: Time evolution of four reference Earth cases. Dashed lines denotes the stagnant lid and the solid line

denotes the mobile lid variant. Current reference values are plotted over all time (black) with uncertainty (blue/red).

(b) Durek and Ekström (1996), (c) Nakagawa (2020), (d) Pollack et al. (1993), (e) blue: Tkalčić et al. (2009) black

and red: Masters and Gubbins (2003), and (f) International Geomagnetic Reference Field (IGRF), Finlay et al.

(2010).
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in different CMB temperatures and ICB radius after 5 Gyr, we find that it continues to be approximately

the same even converging slightly during 1 - 5 Gyr (compare fig. 13, c, red). This effect is explained by

a hotter core driving a stronger heat flow into the mantle, and is reported in more detail later on (see

section 6.2.1). Finally, our results show that the surface magnetic field after 4.5 Gyr of all warm and

hot, cc cases are within the limits of the International Geomagnetic Reference Field (IGRF, Finlay et al.,

2010). The warm, cc cases (blue) thereby depict a relatively stable field evolution at the lower limit of the

reference field. These cores cool subadiabatically throughout and only the very matured inner core size

(ICB radius > 70% of core radius) with a fixed composition of Fe-5wt.%Si drives a chemical buoyancy

force just strong enough to create a geodynamo. On the other hand we can see that the cores without

a light element, the tc cases, lack such a force and are therefore magnetically dormant throughout.

Thermal buoyancy is below zero in these cases as well, which physically represents subadiabatic cooling

when conductive cooling is greater than convective cooling (compare section 5.3.5).

In summary, we demonstrate that none of the models can fully explain all reference variables that

define the current state of the Earth. However, half of our planetary reference states achieve an Earth-

like surface magnetic field. Additionally, we show here that our post-perovskite layer significantly inhibits

convection and the core-mantle boundary (CMB) heat flow, that governs the continued thermal evolution

and magnetic field strength. Lastly, we find that surface regime and its cooling efficiency does not have

a strong effect on the cooling of the core for any of our Earth reference cases.

6.2 Parameter Sensitivity Analysis

In this section we stay in an Earth sized setting, choosing our smallest reference super-Earth (Mp = 1M⊕

and xFe = 30%, M1Fe30) to further explore the parameter space. First, we consider the influence of a

crystallizing inner core on the thermal history by three arbitrary variations of Xi. Second, we analyze

the uncertainty of numerical discretizations by looking at small variations of the mantle grid resolution

and its impact on the thermal evolution.

6.2.1 Inner-Core-Mantle Thermal Feedback Loop

The M1Fe30 case was chosen here with 9 wt.% Si in the core (cc) and a stagnant lid (sl) to secure

a straight forward and comparable evolution. Both warm and hot cases have a core radius of approx.

3200 km and therefore a considerably thicker mantle than Earth. Unsurprisingly, we find a viscous post-

perovskite layer to exist in the lower mantle of around 500 to 600 km thickness (compare fig. 14, e,

and fig. 23 top, left, in the appendix). Furthermore, we find a positive density anomaly of around 200
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Figure 14: Variation of the light element melting coeff. Xi (Stixrude, 2014) demonstrates inner core growth’s effect

on the ppv-layer’s viscosity and convection vigor, that further enhances heat flow across the CMB. (e) minimum

lateral viscosities and (f) maximum lateral rms velocities are time averaged by data of 11 snapshots spanning 1.1

Gyr. Radial mantle grid resolution is set to 55km.
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km directly above a negative density anomaly over the CMB, which is related to the slightly changed

calcium-, sodium-, aluminosilicate mineralogy and the 200 km wide lower mantle TBL as discribed in

section 6.1.1 (compare grey curve of fig. 4, b or light yellow curve in fig. 22, c in the appendix). Similar to

our results of section 6.1 we find a reduction in CMB heat flow compared to the hot Earth case without a

CMB-lid. Although, here we report an increase of initial core cooling over the comparable Earth models

with a CMB-lid. Note that in this case we slightly reduced the radial grid resolution to 55 km compared to

the previous 50 km. However, we will see in the next section that this impact is negligible. Generally, we

find the same trend, that a hotter core cools more efficiently leading in this case to a converging CMB

temperature from hot to warm cases after 5 Gyr of evolution between 3700 K and 3900 K (compare

fig. 14, b and c). This is true for all variations of the light element melting coeff. Xi tested here (0.3, 0.5

and 0.7).

We find that only Xi = 0.3 suppresses the melting temperature weak enough to ensure crystallization

of an inner core after approx. 3 Gyr, where the warm core crystallizes a solid inner core 100 Myr before

the hot core. After 5 Gyr the inner core of the hot case crystallizes quicker due to the higher CMB heat

flow, which lead to both cases having a similar ICB at 50% of the core radius. By comparing the same

cases with no inner core growth, we find that expulsion of gravitational heat and latent heat during inner

core growth, increases the mean core temperature and with it the CMB temperature (compare fig. 14,

b). As would be expected it also reduces the amount of secular cooling (compare fig. 14, d) intrinsically

related to the core temperature (see section 5.3.4). However, by keeping the CMB temperature stable

through the inner core heat sources activating when cooled, in fig. 14 (c) we can see that a hotter core

increases the CMB heat flow into the mantle, even when a CMB-lid is present. This is further substan-

tiated by fig. 14 (e) and (f), depicting the minimum viscosity and maximum rms velocity at the base of

the mantle. The laterally averaged values were further time averaged from 11 snapshots covering the

last 1.1 Gyr of evolution, where inner core crystallization has been ongoing for at least 900 Myr. We can

therefore quantitatively show a decrease in min. viscosity and an increase in max. rms velocity over the

surveyed time frame induced by inner core crystallization. In other words, by coupling the core evolution

to our visco-plastic mantle model we find that cooling induced inner core growth keeps a higher thermal

gradient at the core mantle boundary, which increases convective vigor of the lower mantle, further cool-

ing the core. This occurs with a considerable lag time likely related to the effective viscosity of the lower

mantle. Continuing, we shall call this effect the "inner-core-mantle thermal feedback loop".
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6.2.2 Dynamic Surge Event

In this section we observe a specific mantle dynamic occuring in the M1Fe30 model with a warm, thermal

core (tc) and a stagnant lid. This model is in every way similar to that of the previous section except that

the lack of light element reduces the core size to approx. 3000 km and the denser core results in a 750

km thick CMB-lid (compare fig. 15). By comparing the viscosity profiles of 1.7 Gyr of fig. 15 to those

presented in fig. 12, we see that the lower 500 km are considerably less viscous (comparable to the

early aged bridgemanite of the earth reference cases of section 6.1.2) than the upper third. Again we

see, in the geometry of the contour rms velocity, convective cells trapped in this portion of the CMB-lid

that are related to a higher temperature with lower viscosity. This is similar to the tc reference Earth

cases, where temperature is trapped in the lower mantle throughout the thermal history.

Here we report the same simulation with 45, 50 and 55 km radial grid resolution to produce the same

dynamic evolution at slightly different times. From orderly cell convection trapped in the CMB-lid (1.7

Figure 15: Moment of convective coupling from lower to upper mantle through a plume-like surge that stabilizes to

initially one and later multiple feeder plumes exporting heat to the upper mantle. (a), (b) and (c) are the same

simulation with 45 km, 50 km and 55 km grid resolution respectively. Green, blue and red curves give min., mean

and max. of all lateral viscosity values respectively. Note that small-scale variation in resolution does not majorly

effect mantle dynamics with this ref. viscosity and interior structure.
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Gyr), a plume like instability channels excess heat of the lower mantle into the outflow path across the

high viscosity anomaly (1.8 Gyr) to connect lower to upper mantle convection (1.9 Gyr). This feature

does not seem to be majorly affected by grid resolution. Note that this plume-like surge event occurs

at peak rms velocity values above 9 cm/yr and a reduction in viscosity that is 2 - 5 orders of magnitude

lower than the mean lateral surrounding and is partially clipped to 1019 Pa s in some areas during the

course of the surge. In fig. 16 we show the CMB temperature, the CMB heat flow and the surface

intensity of the resulting geodynamo over 5 Gyr. Generally, we can hereby substantiate the fact that

mantle grid resolution does not show a strong influence on the evolution. At least for the resolution

span considered here. Further, note that all three cases depicted here show a similar CMB heat flow

and temperature history compared to the warm, cc case of the previous section (compare blue curve in

fig. 14, c). After an initial convergence of CMB heat flow lasting 600 Myr the ppv-layer starts convecting

and then cooling the core more efficiently for a longer period by heating the mantle in those cell like

structures seen in fig. 15. For a core without a light element we find the core to become subadiabatic

with a dormant geodynamo after 1.6 Gyr. At 1.7 Gyr the surge event occurs related to a spike in the

CMB heat flow (compare grey shaded area in fig. 16) that jump starts a geodynamo just below the

IGRF (Finlay et al., 2010). We find the strongest increase to relate to the highest resolution (45 km,

plotted in red). Continued cooling dynamics then occur more sporadic and differ with grid resolution.

Figure 16: Core cooling and geodynamo evolution of the same simulation with varying resolution. Red, blue and

green curves show 45 km, 50 km and 55 km grid resolution respectively. The grey field denotes the time span of

the previously described surge event (compare fig. 15, 1.7 - 1.9 Gyr). The light blue field binds the extent of the

IGRF (Finlay et al., 2010).
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This considerably effects the existence of a magnetic field at the surface. Higher resolution also relates

to a slightly higher CMB heat flow initially, but equaling out roughly over time. This decreases the final

temperature at the CMB for our observed time scale from 3760 K (50 - 55 km resolution) to 3720 K (45

km).

In summary, we find that a plume like surge, the dynamic surge event henceforth, connecting ppv-

layer convection with the upper mantle, occurs at the same time and thermal evolution and is mostly

independent of the resolution interval considered here. We further find that the magnetic field has a

high sensitivity to these observed small variations in CMB heat flow for a core without light elements. In

the following section we will further demonstrate for all super-Earths depicting similar dynamics that the

effect is less pronounced in cores with light elements.

6.3 Super-Earths

In this section we report the cooling dynamics and surface magnetic field strengths of super-Earths.

We start by describing the viscosity and density structure and how they effect the CMB heat flow and

continue by comparing this with the two modes of surface plasticity for all hot, 1 - 5 M⊕ cases with 30

wt.% or 60 wt.% planetary iron. Then, we describe their effects on the core evolution and magnetic field

generation and again relate this to the surface regime. Finally, we consider a reference case among

them: M5Fe30 and compare its evolution with its warm counterpart.

6.3.1 Rheology and Thermal Evolution of Hot Super-Earths

By scaling the planet mass to five Earth masses we find that the planet radius increases to a maximum

1.5 times Earth’s radius and decreases slightly with more iron. Similarly, we find that the core radius

to planet ratio decreases with greater mass from 30% iron to 60% iron models (compare fig. 22 in the

appendix). From the density and viscosity structures we find that a post-perovskite layer increases in

relative mantle thickness with planet mass and is thinner for the cases with an overall thinner mantle

(compare fig. 23 in the appendix). Please note that the viscosity is shown in fig. 23 only after 4.5

Gyr of evolution, however as observed in section 6.1.2 we find that the radius of the ppv-layer is not

majorly effected by cooling for all cases during the investigated time. Note further that this excludes

all models from M3Fe60 with higher mass and a stagnant lid. We further find the initial viscosity to

have a strong contrast at the base of the mantle near the CMB, where a roughly 200 km thick low-

viscosity zone deviates by 3 - 4 orders of magnitude from the mantle above. We relate this to the

lower TBL (see section 5.1), as it is seen with a consistent thickness for all models in the first 100 Myr
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Figure 17: Thermal evolution and surface intensity of a geodynamo for super-Earth models M1Fe30 to M5Fe60.

Models are color coded as in fig. 5. Note that M3Fe60 (turquoise) depicts a numerical instability after approx. 4.1

Gyr which is related to the continued cooling at a constant truncated viscosity occurring for all higher stagnant lid

masses as well (see text and fig. 23 in the appendix). The blue shaded area in (e) and (f) depict the IGRF (Finlay

et al., 2010).
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(see also fig. 19, 0.0 Gyr). Furthermore, we find a negative density anomaly within the ppv-layer at

the base of the mantle with no clear trend besides being thinner for models with 60 wt.% planetary Fe

and disappearing completely in M5Fe60 (see fig. 22, c in the appendix). Although the olivine transitions

reflect there to be only post-perovskite, addition of calcium-, sodium-aluminosilicates using the HeFESTo

database (Stixrude and Lithgow-Bertelloni, 2022) may reflect higher mineralogical complexity, as the

increasing p/T of the lower mantle enables varying stability of Ca-perovskite, Ferropericlase, Stisovite

and/or Calcium-ferrite. This is similar to the phase transition shifts depicted for our Earth cases in fig. 10.

Additionally, we find the viscosity to increase toward the top of the CMB-lid, following a general decrease

of initially 2 - 4 orders of magnitude in the upper mantle that is completely independent of core heating

for most models in the early 500-1000 Myr. We observe onset convection occurring in the upper mantle,

outside the ppv-layer solely by radiogenic heating. Early sluggish convection within the viscous ppv-layer

is seen independent of core cooling as well and will be described in more detail in section 6.3.3.

The convection mode of the lower mantle is initially completely decoupled from the upper mantle

until the dynamic surge event (described in section 6.2.2) connects them as we have depicted in fig. 15.

Although the geometry is not always similar, the surge follows a comparable succession of events as

depicted therein. In contrast to fig. 15, we find that the calibration to an intuitively more realistic mode

of plume geometry may span several hundreds of million years. For our super-Earth cases, we observe

this coupling to proceed within the first billion years of evolution for all hot cases, which can be seen in

fig. 17, (c) and (d) as an early spike in the CMB heat flow. We further find a correlation with the thickness

of the negative density anomaly at the base of the mantle and the onset time of the surge event. This

is showcased best by the difference of M5Fe60 (purple) and M5Fe30 (light purple) where a CMB heat

flow spike occurs 400 Myr apart (see fig. 17, c, d) and a negative density anomaly varies with approx.

700 km thickness in the lower mantle between both cases (see fig. 22, c in the appendix). Contrastingly,

we do not see any major effect by the surface mobility on the initialization time of the surge event. Note

that this only effects the existing surface magnetic field to a minor degree (see e.g. M5Fe30, fig. 17, e

and d). This is due to the fact that the chemical buoyancy flux dominates over the thermal buoyancy

flux in this case. It does, however, impact the further thermal evolution, to which the existence of the

geodynamo is coupled. This will be investigated in the next subsection in more detail. After 4.5 Gyr 1 M⊕

and 2 M⊕ planets show only 2 - 3 plume like structures through the ppv-layer feeding convection cells

in the upper mantle, while higher masses demonstrate more chaotic plume morphologies (see fig. 23

and fig. 24 in the appendix). With increasing mass the mobile lid planets show a decrease in size of

the rounded downwellings in both 30 and 60 wt.% Fe super-Earths and viscosity becomes increasingly

homogenized. High-viscosity downwellings stay increasingly shallow, barely bleeding into the ppv-layer.
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Lastly, we find the CMB temperature to be largely unaffected by surface regime for all cases M3Fe30

and lower mass (colored yellow to light turquoise in fig. 17, a, b). While for super-Earths with a mobile

lid we find the CMB temperature to cool more rapidly with increasing mass, contrastingly we find the

stagnant layer regime of higher masses to show a almost steady state being achieved in the core. This

result must be taken with a grain of salt as we have stated that the truncated lower viscosity (1019 Pa s)

is unable to reflect realistic cooling mechanisms in this increasingly hot mantle. However, we can see

here that without a sufficient mechanism for heat removal at the surface, that the core cools increasingly

less efficient and does not demonstrate the "thermostat effect" (see e.g. Tozer, 1967; Stamenković et al.,

2012), which on the contrary, is expected for the mobile lid cases presented here for longer evolution

times than 5 Gyr.

6.3.2 Core and Geodynamo Evolution of Hot Super-Earths

The cooling dynamic of the mantle described previously, governs the thermal evolution of the core and

with it the size of an inner core. In fig. 18, (a) and (b) we demonstrate that by increasing the planet

mass the inner core growth rate is amplified. This is partly due to the increasing temperature gradient

at the CMB (compare fig. 22 in the appendix), but also relates to higher amount of heat release during

inner core crystallization, namely the inner-core-mantle thermal feedback loop (compare section 6.2.1).

This can also be seen as a small dent in the CMB temperature cooling rate, occurring independent of

surface regime in planets with large mass and 30 wt.% Fe (fig. 17, a, b) during the highest inner core

growth periods. However, crystallization plateaus in all higher mass planets (M3Fe60 and above) at

a final ICB ratio of 80% for the sl regime compared to the 92% for the ml regime in planets with 60

wt.% Fe (compare section 6.2.1, a, b). Similarly, this leads to an increasing density deficit at the ICB

that varies dramatically for the higher mass planets with different surface mobility. The magnetic field

strength at the surface thereby shows close to identical evolutions for M1Fe30 to M2Fe60 linked to the

similar thermal evolution reported previously. Contrastingly, we find the magnetic field strength at the

surface of the higher mass planets to reduce its intensity and partially to halt completely in the stagnant

lid super-Earths with masses 3 M⊕ and above. Interestingly, we find here a general scaling for the

mobile lid cases and stagnant lid super-Earths below M3Fe60, that 30 wt.% Fe planets with increasing

mass depict similar magnetic field strengths at their surface in accordance to the lower boundary IGRF

Intensities for Earth (Finlay et al., 2010). With higher amounts of planetary iron the field strength is

stronger due to the cores proximity to the planet’s surface. Here we find a rough correlation for mobile

lid planets, showing higher surface intensities with increasing mass (compare fig. 17). Finally, we can
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Figure 18: Evolution of ICB radius (a,b), Density change (c,d) and related Heat expulsion (e,f) of the hot

super-Earth reference cases for the stagnant (sl) and mobile lid (ml) regimes.
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see that the magnetic fields of higher mass stagnant lid cases are far more versatile than their mobile

lid counterparts. Although it is clear that inefficient cooling stops geodynamo activity, we still find small

scale cooling and related chemical fluxes sufficient for a magnetic field in higher mass stagnant lid super-

Earths. The longevity and surface intensity of these more matured stagnant lid magnetic fields are likely

a little questionable.

In summary, we find that at lower planetary masses and with a sufficiently thick ppv-layer, that the

super-Earths demonstrate a similar core evolution independent of surface mobility if the core is initially

super-heated. Additionally, we find this to not hold for higher mass planets with hot cores. There, a

reduced surface heat flow and related higher mantle temperature limits the amount of cooling of the

core. However, further research is required to investigate the influence of a truncated viscosity in higher

mass stagnant lid planets, for quantitative results in the second part of our findings.

6.3.3 Case Study M5Fe30

With our results from the previous sections on super-Earths, we shall now delve into the specific case

M5Fe30, to assess these findings in more detail. In fig. 19 the mantle evolution is depicted by three

snapshots, after 0.0 Gyr, 0.9 Gyr and 5.0 Gyr respectively, showing the mantle temperature and the

lateral variation of viscosity. Therein we can see that the highly viscous ppv-layer is about 4000 km thick

and that the bridgmanite dominated mantle continues for another 1000 km thereafter. We further see

that both lower and upper mantle show an initial undulation in temperature and related viscosity for the

Figure 19: Temperature and viscosity of the mantle in hot M5Fe30 initially and after 0.9 and 5 Gyr respectively. (a)

depicts the evolution with a stagnant lid and (b) depicts the mobile lid regime. Green, blue and red lines plot the

min, mean and max. lateral viscosities.
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stagnant lid case that is seen by variation of minimum and maximum viscosity (compare fig. 19, a, 0.0

Gyr). After 900 Myr the dynamic surge event is completed in the stagnant lid case but is still ongoing

for the mobile lid variant. This can further be seen in fig. 21, (c), where a spike in viscosity in the hot,

sl case occurs 200 Myr prior to the hot, ml case. In the ml, hot case after 900 Myr we observe a high

temperature and viscosity contrast within the lower mantle that is characterized by strong (>7 cm/yr)

parcel or cell type convection within. In this snapshot the upper mantle depicts an unnaturally constant

rms velocity, which is why all previous convection evolution must be taken with a grain of salt. However,

following the surge event we observe convective upwellings streaming out of the core and leading to

peak CMB heat flows of 1000 TW and 600 TW for hot and warm cases respectively (see fig. 21, c).

The mantle state preceding the surge event shows similar peak CMB heat flows, however, they show

slightly more consistent cooling during this period. This is seen unrelated to the surface regime and

for both initial CMB temperatures 11800 K (hot) and 9600 K (warm) and is consequently linked to the

inner core crystallization. This again highlights the inner-core-mantle thermal feedback loop (compare

section 6.2.1), where a crystallizing inner core keeps the core hotter which drives stronger CMB heat

flow.

Shown in fig. 20, at 1.3 Gyr, is the thermal state of the mantle 200 Myr after the surge event for

warm, ml and sl cases. Therein we can see that the upper and lower mantle in the stagnant lid planet

is increasingly less viscous with roughly similar minimum viscosities (1021 Pa s). Similarly we find the

temperature to be on average higher than in its mobile lid twin. After 5 Gyr this effect is amplified to

Figure 20: Temperature and viscosity for the warm M5Fe30 initally and after 1.3 and 5 Gyr respectively. (a)

depicts the evolution with a stagnant lid and (b) depicts the mobile lid regime. Green, blue and red lines plot the

min, mean and max. lateral viscosities.
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Figure 21: Inner core ratio, CMB temperature, CMB heat flow and surface intensity of the warm and hot M5Fe30

reference super-Earth. Dashed lines show the stagnant lid regime and a solid line the mobile lid. The blue shaded

area is the IGRF (Finlay et al., 2010).

maximum CMB temperature differences from stagnant to mobile lid planets by 1000 K for the warm

case and 1800 K for the hot case (compare dashed and solid lines in fig. 21, b). Note that in both warm

and hot mantles the viscosity is almost completely truncated to 1019 Pa s beside a high viscosity lid

and a minor upper bound ppv-layer remnant in the warm case. Similar to our findings in section 6.3.2

we can see that the inner core radius is slightly smaller in the stagnant lid cases as insufficient cooling

leads to a steady core state. This is represented in the evolution of the M5Fe30 geodynamos, where

a stagnant lid leads to its collapse in warm and hot cases after 4.5 Gyr and 4.8 Gyr respectively. We

interpret the final "dead cat bounce" in the warm, sl case to result from a numerical instability occurring

from non-realistic viscosity handling (see fig. 21, c and d). This, however does not change the overall

trend of a continuously weakening dynamo in both hot and warm cases with a stagnant lid.
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In summary, we have found that by reducing the CMB temperature similar evolutions of mantle and

core can be reported to their hot counterparts. The final CMB temperature difference between ml and sl

cases are similar but smaller for the warm case. Finally, we report a lower surface intensity for the warm

case with an overall comparable course that is in the lower bound range of the International Geomagnetic

Reference Field (IGRF, Finlay et al., 2010).

7 Discussion

7.1 Earth Reference Study

7.1.1 Composition and Interior Structure

In this study we have considered eight Earth reference cases to initially calibrate our findings to a known

reference state before applying our methods to Earth-like super-Earths. These were varied by the

amount of light element in the core from 0 (tc) to 9 wt.% Si (cc) and the initial CMB temperature, to

be 4300 K (warm) and 5287 K (hot) for cc, and with approximately 120 K higher values for tc. All

cases were further initialized to have the same mantle composition calibrated mainly to the enstatite

chondrite model of Javoy et al. (2010), who report an evolving mantle oxygen fugacity fO2
from IW -3.2

to IW -1.4. As can be seen in section 6.1.1. This creates an almost exact alignment for the mantle

density profile with PREM (Durek and Ekström, 1996), with minor depth variations occurring due to

the CMB temperature and core density. The density anomaly at the base of the CMB demonstrates

stronger variation with heat (see fig. 10), lies within PREM’s uncertainty and is likely to be more complex

for Earth (see e.g., Wang et al., 2020). By only considering the 7 main elements of BSE and adding

sulfur after McDonough (1999), we found the total light element weight fraction of the core to be 8.8

wt.% when subtracting the mantle mass from the whole planet mass. These individual constituents,

shown in tbl. 3 in the appendix, also fit well within the scope reviewed in Hirose et al. (2021). Although,

contrastingly to the 0.8 - 5.3 wt.% oxygen reported by Hirose et al. (2021) we find a negative amount of

O in our rudimentary approach. Note as well that by considering a stoichiometric primary condensation

model (Thamm, 2023), we find negative Si and very high S content, and leading to values outside those

constrained by the seismic observations. For this reason we did not consider them further. This is

because more volatile elements such as S, Si, O, are difficult to constrain by the underlying geochemical

and cosmochemical methods used. Fischer and McDonough (2024), therefore put a conservative 25 -

50% uncertainty on their core abundance. However, here we chose to simplify the core light element

composition to a single representative, the second prominent constituent: Silicon.
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Silicon is favored based on the depletion in silicon in the Earth’s mantle relative to solar abundance

and primitive meteorites (Allegre et al., 1995) and the difference in 30Si/28Si ratio between meteorites

and terrestrial rocks (e.g. Georg et al., 2007; Fitoussi et al., 2009; Shahar et al., 2009; Ziegler et al.,

2010). It should be noted here though that the isotope ratio calculations also require an increase in the

fO2
of the lower mantle during and after differentiation (Ziegler et al., 2010). A two component mixture

with Si is further helpful to represent super-Earth cores, because of the high pressure (TP-range) EOS-

data available. Contrastingly, S, O and H alloys, mainly discussed as the other core constituents, are

currently limited to Earth’s p/T range (see e.g. Poirier, 1994; Corgne et al., 2009; Sata et al., 2010; Badro

et al., 2014; Umemoto and Hirose, 2020). By incorporating the laser-driven ramp compression data of

Wicks et al. (2018), we find Earth’s outer core to best fit 9 wt.% Si (when Tc = 4300 K) this aligns well

with the 9.3 - 9.8 wt.% Si (when Tc = 4137 K) reported by ab initio studies (Badro et al., 2014; Umemoto

and Hirose, 2020). However, therein they also report single core light element weight fractions of S, O, H

to range by a maximum of 14.4 wt.% for S and minimum 0.96 wt.% for H. The current consensus in the

literature is that light elements make up roughly 5 - 10 wt.% of the core (Fischer and McDonough, 2024),

which, next to the cores interior structure, ultimately governs core crystallization (eq. 19), gravitational

(eq. 68) and latent heat release (eq. 69) and chemical buoyancy flux (eq. 72). Here, we feel confident

in using our intermediary value as a representative, as it also nicely aligns with our total 8.8 wt.% light

element presented previously.

We determine the amount of light element in the inner core (xSi,IC = 5 wt.%), for the outer core

concentration and the melting temperature, in a similar fashion. Hirose et al. (2021), on the other hand,

compile the most likely ranges to be: 0–1.1% S + 0–2.3% Si + 0–0.1% O + 0–1.3% C + 0–0.23% H by

weight, giving a total range of 0 - 4%. Further, note that we continuously substitute nickel for iron in this

argumentation as their thermodynamic properties are similar. Another reason for the large uncertainty of

the inner core light elements is the varying resolutions and sampling techniques reported by the different

seismic waves investigated (ranging 500 - 1100 kg/m3, see e.g. Masters and Gubbins, 2003; Tkalčić

et al., 2009). At an inner core radius like Earth’s our model plots the ICB density change within the

lower-bound uncertainty of Tkalčić et al. (2009) but outside that of Masters and Gubbins (2003), which

may reflect a slight overestimation of the amount of inner core light element. Our higher then maximum

value therefore results in a slightly less efficient reduction of the OC melting temperature during cooling,

that is proportionally coupled to the light element melting coefficient (Xi = 0.11, Stixrude, 2014). This

effectively amplifies core growth during cooling, which is also contrary to Labrosse (2015) and Bonati

et al. (2021), who don’t consider an inner core light element. The later only consider a combination

of O and S for their fictitious representative in the OC. Both Labrosse (2015) and Bonati et al. (2021)
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fitting a linear pressure variation EOS to find polynomial solutions for the interior structure report slower

core growth, for ball park thermal evolutions of Earth. However, we did not incorporate it here as this

method did not hold to the pressures of 5 M⊕very well. Furthermore, Bonati et al. (2021) consider the

same equation for the melting temperature as presented here (section 5.1.6, eq. 19). Contrastingly, to

both their methods, however, they do not couple a visco-plastic 2D mantle convection model with active

calculation of the core energy balance. The major effect of which, on inner core growth, will be discussed

in the following section.

Finally, we found the thermal cores (tc) with higher core mass fractions and density to least fit a

Earth reference interior structure. However, we chose them here to compare their difference in magnetic

activity, when lacking a chemical buoyancy force. It was found that the higher mass cores, corresponded

with formation of a thick ppv-layer above the CMB, which led to subadiabatic cooling throughout the cores

evolution and therefore lack of a geodynamo. This is in contrast to models with parameterized mantles

and reporting of purely thermally driven geodynamos in the early evolution of Earth (e.g., Stevenson

et al., 1983; Lister and Buffett, 1995; Breuer, 2019). Note as well, that recent improvements on the p/T

dependency of the cores thermal conductivity 70 - 200 W m−1 K−1 (De Koker et al., 2012; Gomi et al.,

2013; Li et al., 2021; Pozzo et al., 2022; Zhang et al., 2022) have set a higher bar for the core to reach a

superadiabic state. Here we chose kc = 125 W m−1 K−1 as an intermediate value for Earth after Zhang

et al. (2022), who determined values for Fe-9wt.%Si. This is also close to the constant 150 W m−1 K−1

chosen by Bonati et al. (2021) as an upper limit value. However, future parameter studies are required

to constrain the surface intensity with a temperature and pressure dependent thermal conductivity.

7.1.2 Thermal Evolution and Geodynamo

All of our reference Earth cases except the hot, cc case show a 100 - 250 km thick post-perovskite

layer forming in the lower mantle. This is based off of the Clapeyron slope of the bridgemanite to post-

perovskite transition for (Mg, Fe)SiO3 in Tsuchiya et al. (2004) and has yet to be expanded to contain the

mineralogical phase variety incorporated in the HeFESTo database (Stixrude and Lithgow-Bertelloni,

2022) to calculate the rheology. Tateno et al. (2005), for example, find that alumosilicates can raise the

bridgemanite stability to 150 - 170 GPa, which would decrease our ppv-layer thicknesses considerably.

For the lower Earth’s mantle it is an area of active debate if and how much post-perovskite is present and

what the physical properties are (e.g., Wang et al., 2020; Yang et al., 2024), and as seen in tomographic

images is rather variable, likely in composition as well (e.g., Hirose et al., 2005; Cottaar and Lekic,

2016; Nakagawa and Tackley, 2008). However, it was not the focus of this study to consider exhaustive
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mantle-parameter studies and these further complexities to better constrain the Earths lower mantle.

Alternatively, super-Earths of a roughly Earth-like mantle composition are discussed to have extensive

post-perovskite layers (e.g., Stamenković et al., 2012; Tackley et al., 2013). Further we found, that

once a ppv-layer is present in our model, the relative thickness did not majorly vary the CMB heat flow

(compare fig. 13, f, warm, tc to cc).

The most likely reference Earth candidate chosen, was due to the initially molten inner core (contrary

to warm cases): cc, hot. Note that this case also did not have a ppv-layer and was therefore convecting

vigorously. However, it also depicted a small dynamic surge event, described in section 6.2.2, in the

beginning of the evolution, which is linked to the low density anomaly in terms of a changing mineral

phase. Although further research is required to determine this. We can neglect the resulting CMB

heat flow difference for its minimal effect on the entire thermal evolution. The cc, hot case shows inner

core nucleation (ICN) after 200 Myr. This is in stark contrast to multiple recent studies considering the

Ediacaran (635 - 541 ± 1 Ma BP) ultra-low field strengths found in multiple time-averaged paleomagnetic

repositories to correspond with ICN (compare e.g., Biggin et al., 2015; Labrosse, 2015; Driscoll, 2016;

Bono et al., 2019; Huang et al., 2024). Most of these models, however, incorporate parameterized

mantles assuming vigorous convection and are sometimes back calculations from present day reference

values. Contrastingly, Bonati et al. (2021) who use close to identical methods to this study, but without

core-mantle coupling, find ICN after 1.1 Gyr (for Mp = 1M⊕, xFe = 30%, Tc,initial = 5500 K and

QCMB,initial = 30 − 40 TW). An even better fit to their results, however, is the M1Fe30 case with

Tc,initial = 5494 K and QCMB,initial = 40 − 60 TW showing ICN after 600 Myr (see section 6.3, fig. 17

and fig. 18, light yellow). Furthermore, we find the surface intensity to be slightly higher and sustain

longer than its evolution presented by Bonati et al. (2021). The 500 Myr difference in in ICN can thereby

be explained by the higher CMB heat flow and variation in calculation of the core adiabat. After 5 Gyr

of planetary evolution Bonati et al. (2021) report the ICB at 47% core radius for this case, which is very

different from the 84% presented for M1Fe30, sl here. Inner core crystallization there, however does

not consider the inner-core-mantle thermal feedback loop (see section 6.2.1) quantified here for the

first time. Note that variation in the fraction of core light element will govern its strength as discussed

previously. Although the CMB heat flow is generally higher for our case it stays steadily high throughout

our evolution compared to Bonati et al. (2021). This encourages rapid IC growth as a direct result of our

coupled model, additionally to our lower concentration of light element in the OC.

The same effect drives rapid inner core growth in our hot, ml, cc Earth reference that depicts the

highest CMB heat flow evolution of the Earth reference cases. This is similar to the findings of Nakagawa

and Tackley (2005), who incorporate STAG3D (tracking thermal and compositional mantle convection in
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2D) coupled with a parameterized core energy balance. They find isochemical mantle convection to

result in too high CMB heat flows and hence larger than Earth inner cores. While they do not report the

inner-core-mantle thermal feedback loop explicitly, we consider their model to demonstrate a comparable

effect. To combat the higher CMB heat flow, Nakagawa and Tackley (2005) require addition of 100 ppm

decaying radiogenic material (potassium) and the formation of a discontinous layer of compositionally

denser material above the CMB (2% density difference between pure "basalt" and "harzburgite"). A

further similarity to their results is the ICN occurring after 800 - 900 Myr in their model with 0 ppm K and

independent of mantle composition variations. With no chemical variation in the mantle they report the

ICB to be at 93% after 4.5 Gyr.

All of these results were found with a reference viscosity of η0 = 1021 Pa s and Ra0 ≈ 108 just like ours

(compare tbl. 5 in the appendix). Contrastingly, in a more recent study, Nakagawa and Tackley (2014)

find that a reference viscosity of η0 = 1022 Pa s can prolong ICN to initiate after 2.2 Gyr with small vari-

ations occuring from the choice in density difference chosen for mid-oceanic ridge basalt (MORB) and

without primordial layering. With primordial layering their ICN extends to approximately 3.5 Gyr, which is

still different from the Ediacaran ultra-low field strength period. However, Nakagawa and Tackley (2014)

only consider ohmic dissipation to report wether a geodynamo is active or not. The surface intensity of

our Earth reference models (cc) have been shown to lie well within the IGRF (Finlay et al., 2010). At

such large inner cores the chemical buoyancy flux is considerably high, even when considering our IC to

crystallize with 5 wt.% Si. This can be seen, contrastingly, in the tc cases without chemical buoyancy flux.

As suppression of the heat flow, to yield the current day inner core size and younger ICN coincides with

likely subadiabatic conditions, and without this chemical buoyancy flux, another mechanism is required

to drive Earths geodynamo in its early geologic age. This has been termed the "new core paradox"

(Olson, 2013), and different mechanisms are under active investigation to explain the ∼3.5 Ga old geo-

dynamo (Tarduno et al., 2010). A possible magma ocean layer has been described to contribute to the

field as electromagnetic properties of Si at high p/T were found (see e.g., Labrosse et al., 2007; Ziegler

and Stegman, 2013). Additionally, precipitation of light compounds (such as MgO, SiO2, and/or FeO)

could provide chemical buoyancy in the core prior to the nucleation of the inner core (e.g., O’Rourke

and Stevenson, 2016; Badro et al., 2016; Hirose et al., 2017). This could perhaps suggest early higher

core light element concentrations found with stoichiometric primary condensation models (e.g. Thamm,

2023). Neither mechanism is considered here, however, our results clearly demonstrate the necessity

of a coupled core-mantle model. Finally, note that our model does not consider a chemical or thermal

boundary layer building in the core, which could further dampen the field strength at later periods in the

evolution (see e.g., Greenwood et al., 2021) especially when it reaches subadiabatic conditions. This
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is further an important consideration at very large inner cores, due to progression in OC light element

concentration and cooling.

In summary, it is clear that further research is required to better constrain the rheology of the lower

mantle during Earth’s evolution in order to yield a "successfull" model. The necessity of sophisticated

core-mantle coupling has especially bin highlighted in Nakagawa (2020) and has been further quantified

by the inner-core-mantle thermal feedback loop in this study. We therefore demonstrate the viability

of our model, as it strongly agrees with the comparable findings of the only other coupled approaches

known to us (see Nakagawa and Tackley, 2005, 2010, 2014, 2015; Nakagawa and Iwamori, 2019). It is

hence a viable approach to get a first order impression on the magnetic fields of super-Earths, which we

will discuss in the following section.

7.2 Super-Earths

We have created Earth-like super Earths of up to 5 M⊕ to give a qualitative range of upper limit surface

intensities to be expected for such bodies. The upper limit CMB temperature (hot), thereby justifies a

solid lower mantle and favors vigorous convection throughout the thermal evolution, or what Driscoll and

Olson (2011) call the "optimal state". We find maximum surface intensities correlated with planet mass

and iron content to be ∼360 µT in M5Fe60. Driscoll and Olson (2011) who study parameterized models

between 1 and 10 M⊕, contrastingly find ∼240 µT. Although their interior structures are comparable to

ours (considering the slight reduction in complexity and their cases having xFe = 32% and xFe = 65%)

we find a 5 - 10 fold increase in CMB heat flow (5 M⊕, QCMB,max = 125 TW compared to M5Fe30,

this study: QCMB,max = 1000 TW). This is because they consider a constant temperature independent

viscosity (η = 2 × 1020 Pa s) an order of magnitude higher than what is at the base of our hot M5Fe30

model initially (compare fig. 19). These differences have been further highlighted in Stamenković et al.

(2012) showing differences of the radial viscosity profile further resulting from the choice of effective

activation volume and activation energy. Although, their presented viscosity profiles are far higher due

to the much lower core temperatures chosen therein. The viscosity profile is thereby comparable in

geometry to those found in this study, high at the bg to ppv transition and then decreasing toward the

CMB (Veff = 1.7 cm3/mol, upper bound, ppv, Tackley et al., 2013). Additionally, Stamenković et al.

(2012) report an initial heating period of the core in some cases created by a very viscous stagnant

layer, a CMB-lid, not found here. Although, with our comparable methods we expect to find similar

results at that CMB temperature finding these results (Tc = 4950 K for a 5 M⊕ planet Stamenković et al.,

2012). They further do not consider inner core crystallization’s effect on the core temperature, when
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comparing to an earlier version of CHIC (Noack et al., 2015). Bonati et al. (2021) on the other hand find

comparable geodynamo evolutions but lack data beyond 2 M⊕, while the minor differences result from

those aspects discussed previously (see section 7.1.1 and section 7.1.2). They further do not consider

different surface regimes in their study.

Here we have demonstrated that the "upper bound" viscosity of post perovskite (Tackley et al., 2013)

in hot super Earths, effectively decouple the CMB heat flow from the surface mobility (sl, ml) for all

planets M3Fe30 and lower mass. This is confirmed by Stamenković et al. (2012), who observe similar

thermal evolutions independent of lid regime and further independent of initial CMB temperature (for

Veff = 1.8 cm3/mol, their model C). However, they discuss this to be true up to 10 M⊕, which cannot

be confirmed here. Contrastingly, we find variations in the thermal evolution with M3Fe60 and higher

mass. This confirms their assumption, that a mobile lid becomes more efficient in cooling super Earths

again with a reduced effective activation volume. Furthermore, we assume this lid related difference to

be more noticeable in higher mass planets compared to the model of Stamenković et al. (2012), due

to the increased heat expulsion by the inner core. This can be seen in section 6.3, fig. 18, where a

more massive core crystallizes at a comparably faster rate. It is important to note that further research

is required to fully quantify this difference.

The stagnant lid cases of higher mass (M3Fe60 and above) have all reached our preset lower vis-

cosity limit, after a certain point in the evolution. This raises into question the viability of their thermal

evolution, or at which point a geodynamo would be inactive. However, the overarching relation of an

increasingly heated mantle leading to less efficient core cooling is still demonstrated. This is shown in

detail in the warm M5Fe30 case, where almost the entire mantle is truncated only after 4 - 5 Gyr, but

thermal variation to its ml twin occurs after about 1.5 Gyr (compare section 6.3.3, fig. 21). It is therefore

clear that the presented surface intensities of M3Fe60 to M5Fe60 with a stagnant lid must be taken with

a grain of salt. For super-Earths with a mobile lid the surface intensity converges for xFe = 30% inde-

pendent of planet mass to ∼25 µT (the lower bound IGRF). Contrastingly, planets with xFe = 60% depict

more efficient core cooling leading to higher surface intensities and coupled proportionally to mass dur-

ing the 5 Gyr studied. This difference is reflected in Driscoll and Olson (2011) and is further amplified by

the planet and core radius scalings not quantified in the magnetic moment. The geodynamo steadiness

in super-Earths with xFe = 30% is further a result of the high chemical flux at these very mature inner

cores which may not hold when considering changing chemical potentials (see e.g., Labrosse, 2015)

and thermal or chemical stratification (see e.g., Buffett, 2010; Hirose et al., 2021; Greenwood et al.,

2021; Ma and Tkalčić, 2024). The dynamic surge event, described in section 6.2.2, has been chrono-

logically coupled to the thickness of the lower density anomaly occurring by changing mineralogy in the
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lower mantle and independent of changing the radial resolution. Furthermore, we expect it to result from

the truncated lower viscosity. However, we require more research in the rheology of the lower mantle to

better confine, what is at this point seen as a numerical artifact, that does not majorly effect our overar-

ching results. Finally, we cannot make any claim to the likeliness of plate tectonics occurring on these

bodies, a current area of much debate (see e.g. O’Neill et al., 2007; Valencia et al., 2007; Korenaga,

2010; Stein et al., 2011; Van Heck and Tackley, 2011). Furthermore, note that planets with hydrous

mantle convection, that was not considered here, may affect the CMB heat flow as well (e.g. Nakagawa

and Iwamori, 2019). However, our results show that if a super-Earth (>3 M⊕) magnetic field were to be

detected it would make a good argument for said body to have a sufficient surface cooling mechanism

such as plate tectonics.

In summary, we find optimal state, Earth-like super-Earths to develop magnetic fields between 25

- 360 µT which tend to be stronger and longer lived in planets of higher mass and a mobile lid. Fur-

thermore, we demonstrate that a viscous post perovskite layer does not inhibit convection in the lower

mantle, when the core is initially super heated.
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8 Summary

This study demonstrates a viable new core-mantle coupled evolution model to simulate the thermal and

magnetic evolution of Earth to super-Earth sized planets. It includes a comprehensive and detailed anal-

ysis of Earth’s interior structure and thermal evolution by considering constraints from paleomagnetism,

geomagnatism, seismology, geochemistry and mineral physics, that confine the current state. Subse-

quently, these results are then used to justify their application to consider dynamo activity on Earth-like

super-Earths. The main findings of this study are as follows:

(i) Heat of the crystallizing inner core stabilizes higher CMB heat flow on geologic time scales by

reducing deep mantle viscosity, which is currently not considered by studies with 1D parameterized

mantles or uncoupled models. It is termed the "inner-core-mantle thermal feedback loop" in this

study.

(ii) More investigation of the deep mantle heterogeneities and qualitative model additions considering

early Earlth dynamo mechanisms, to overcome the "new core paradox" (Olson, 2013), are needed

to better confine a "successful" Earth evolution model.

(iii) Earth-like super-Earths (up to 5 M⊕) with superheated cores can develop surface intensities rang-

ing from 25 to 360 µT, with higher mass and iron-rich planets exhibiting stronger fields at the

planets surface.

(iv) The surface regime of hot super-Earths (<3 M⊕) does not affect the core evolution and, conse-

quently, the geodynamo.

(v) The presence of a mobile lid in hot super-Earths (>3 M⊕) significantly enhances field strength and

longevity compared to a stagnant lid. Detection of a magnetic field in such bodies would therefore

suggest an efficient surface cooling mechanism.

For this reason we support the recent modeling efforts for all including dynamical models of planetary

systems in order to better constrain some of the wide ranging uncertainties still present in the core’s

parameter space.
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9 Appendix

Table 3: Core Model Composition from Enstatite Chondrites

Element MDa [wt.%] Planet Mass [kg] BSE b [wt.%] BSE-Mass [kg] Core-Mass [kg] Core [wt.%]

Fe 34.12 2.04× 10
24 6.64 2.68× 10

23
1.77× 10

24 91.19

Mg 15.53 9.28× 10
23 22.27 8.98× 10

23
3.01× 10

22 1.55

Si 16.24 9.70× 10
23 21.91 8.83× 10

23
8.67× 10

22 4.47

Ca 1.72 1.03× 10
23 2.15 8.67× 10

22
1.63× 10

22 0.84

Al 1.60 9.58× 10
22 2.28 9.18× 10

22
4.06× 10

21 0.21

Na 0.18 1.08× 10
22 0.26 1.07× 10

22
1.86× 10

20 0.01

O 29.96 1.79× 10
24 44.50 1.79× 10

24
−4.52× 10

21 -0.23

S 0.64 3.83× 10
22 0.00 0.00 3.83× 10

22 1.97

Total 100.00 5.97× 10
24 100.00 4.03× 10

24
1.94× 10

24 8.81c

a Normalized Bulk Earth after McDonough (1999), b Normalized BSE of this study after Javoy et al. (2010)

c Total core light element found by whole planet to mantle mass difference.

Table 4: Core Model Composition from Condensation of the Protoplanetary Nebula

Element ATa [wt.%] Planet Mass [kg] BSE b [wt.%] BSE-Mass [kg] Core-Mass [kg] Core [wt.%]

Fe 27.87 1.67× 10
24 6.64 2.68× 10

23
1.40× 10

24 71.98

Mg 15.33 9.16× 10
23 22.27 8.98× 10

23
1.80× 10

22 0.93

Si 13.94 8.33× 10
23 21.91 8.83× 10

23
−5.06× 10

22 -2.61

Ca 1.47 8.78× 10
22 2.15 8.67× 10

22
1.09× 10

22 0.06

Al 1.32 7.89× 10
22 2.28 9.18× 10

22
−1.29× 10

22 -0.66

Na 0.5 2.99× 10
22 0.26 1.07× 10

22
1.92× 10

22 0.99

O 32.23 1.93× 10
24 44.50 1.79× 10

24
1.31× 10

23 6.67

S 7.33 4.38× 10
23 0.00 0.00 4.38× 10

23 22.56

Total 100.00 5.97× 10
24 100.00 4.03× 10

24
1.94× 10

24 28.02c

a Modeled after Thamm (2023), b Normalized BSE of this study after Javoy et al. (2010)

c Total core light element found by whole planet to mantle mass difference.
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Table 5: Earth Mantle Model Parameters

Symbol Meaning Value

ηr Ref. viscosity 1021 Pa s

ρr Ref. densitya 4.400 kg m−3

gr Ref. gravitya 9.82 m s−2

kr Ref. thermal conductivitya 4.9 W m−1 K−1

αr Ref. thermal expansivitya 2.1× 10−5 K−1

Cp,r Ref. isobaric heat capacitya 1230 J kg−1K−1

D Ref. distancea 2871703 m

∆Tr Ref. temperaturea 5700 K

Ra0 Rayleigh number ∼ 1.4× 108

Lm Latent heat of melt production 6× 105 J kg−1

CU Uranium conc.b 20.3 ppm

CTh Thorium conc.b 79.5 ppm

CK Potassium conc.b 240 ppm

XCO2
CO2 fraction in the melt (limited by fugacity) 1000 ppm

Xext Fraction of extrusive melt 20%

dVm Volume change fraction during melting 3%

a The reference values are precalculated from the interior structure (taken from ml, hot, cc).

b Earth values today (McDonough and Sun, 1995) that are recalculated to get the initial values.

Table 6: Earth Core Model Parameters

Symbol Meaning Value

xSi Silicon in the core (const.) 9 wt.%

xSi,IC Silicon in the inner core (const.) 5 wt.%

Xi Initial light element melting coeff.a 0.1075

kc Thermal conductivity of Fe-9Sib 125 W m−1 K−1

∆Hf,Fe Heat of fusion of Fec 12400 J mol−1

Tm,Fe Ambient melting temperature of Fec 1809.0 K

Ω Earth’s rotation rate 7.2921× 10−5 rad s−1

a Recalculated after Alfè et al. (2002); Steinle-Neumann et al. (2003); Stixrude (2014),

b Avg. Earth value after Zhang et al. (2022) , c Used to calculate ∆Sm = 122.74 J kg−1 K−1.
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Figure 22: Interior structure of all thermodynamic properties for hot super-Earths considered in this study.

Color-coding is after section 5.1.7.
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Figure 23: Viscosity of the mantle after 4.5 Gyr of thermal evolution of hot super-Earths considered in this study.

Core and planet radius color-coded as in section 5.1.7.
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Figure 24: Root-mean-square velocity of the mantle after 4.5 Gyr of thermal evolution of hot super-Earths

considered in this study. Core and planet radius color-coded as in section 5.1.7.

73



References

Alfè, D., Price, G., and Gillan, M. (2002). Iron under earth’s core conditions: Liquid-state thermodynam-

ics and high-pressure melting curve from ab initio calculations. Physical Review B, 65(16):165118.

Allegre, C. J., Poirier, J.-P., Humler, E., and Hofmann, A. W. (1995). The chemical composition of the

earth. Earth and Planetary Science Letters, 134(3-4):515–526.

Badro, J., Côté, A. S., and Brodholt, J. P. (2014). A seismologically consistent compositional model of

earth’s core. Proceedings of the National Academy of Sciences, 111(21):7542–7545.

Badro, J., Siebert, J., and Nimmo, F. (2016). An early geodynamo driven by exsolution of mantle com-

ponents from earth’s core. Nature, 536(7616):326–328.

Balduin, A. (2025). Modelling chemical composition and material properties of rocky planets. Master’s

thesis, Freie Universität Berlin. Unpublished Master’s thesis.

Batchelor, G. K. (2000). An introduction to fluid dynamics. Cambridge university press.

Bennett, L., Melchers, B., and Proppe, B. (2020). Curta. https://www.fu-berlin.de/sites/high-

performance-computing/Rechenressourcen/index.html.

Biggin, A. J., Piispa, E., Pesonen, L. J., Holme, R., Paterson, G., Veikkolainen, T., and Tauxe, L. (2015).

Palaeomagnetic field intensity variations suggest mesoproterozoic inner-core nucleation. Nature,

526(7572):245–248.

Birch, F. (1947). Finite elastic strain of cubic crystals. Physical review, 71(11):809.

Birch, F. (1952). Elasticity and constitution of the earth’s interior. Journal of Geophysical Research,

57(2):227–286.

Bonati, I., Lasbleis, M., and Noack, L. (2021). Structure and thermal evolution of exoplanetary cores.

Journal of Geophysical Research: Planets, 126(5):e2020JE006724.

Bono, R. K., Tarduno, J. A., Nimmo, F., and Cottrell, R. D. (2019). Young inner core inferred from

ediacaran ultra-low geomagnetic field intensity. Nature Geoscience, 12(2):143–147.

Borucki, W. J., Koch, D. G., Basri, G., Batalha, N., Brown, T. M., Bryson, S. T., Caldwell, D., Christensen-

Dalsgaard, J., Cochran, W. D., DeVore, E., et al. (2011). Characteristics of planetary candidates

observed by kepler. ii. analysis of the first four months of data. The Astrophysical Journal, 736(1):19.

74



Bouchet, J., Mazevet, S., Morard, G., Guyot, F., and Musella, R. (2013). Ab initio equation of state of

iron up to 1500 gpa. Physical Review B—Condensed Matter and Materials Physics, 87(9):094102.

Bouchet, J., Morard, G., Mazevet, S., and Guyot, F. (2011). Ab initio melting curve of fe and fe-s alloys at

extreme pressures: implications for earth’s and exoplanets’ cores. In APS March Meeting Abstracts,

volume 2011, pages P31–007.

Braginsky, S. (1963). Structure of f layer and reason for convection in the earth’s core. In Soviet. Phys.

Dokl., volume 149, pages 8–11.

Braginsky, S. I. and Roberts, P. H. (1995). Equations governing convection in earth’s core and the

geodynamo. Geophysical & Astrophysical Fluid Dynamics, 79(1-4):1–97.

Brain, D. A., Kao, M. M., and O’Rourke, J. G. (2024). Exoplanet magnetic fields. Reviews in Mineralogy

and Geochemistry, 90(1):375–410.

Breuer, D. (2019). Magnetic field evolution in terrestrial bodies from planetesimals to exoplanets. Geo-

magnetism, Aeronomy and Space Weather, pages 267–285.

Breuer, D. and Moore, B. (2015). Dynamics and thermal history of the terrestrial planets, the moon, and

io. Physics of Terrestrial Planets and Moons, 10:255–305.

Breuer, D. and Spohn, T. (2006). Viscosity of the martian mantle and its initial temperature: Constraints

from crust formation history and the evolution of the magnetic field. Planetary and Space Science,

54(2):153–169.

Buffett, B. A. (2010). Chemical stratification at the top of earth’s core: Constraints from observations of

nutations. Earth and Planetary Science Letters, 296(3-4):367–372.

Bullard, E. C., Freedman, C., Gellman, H., and Nixon, J. (1950). The westward drift of the earth’s

magnetic field. Philosophical Transactions of the Royal Society of London. Series A, Mathematical

and Physical Sciences, 243(859):67–92.

Byerlee, J. (1978). Friction of rocks. Rock friction and earthquake prediction, pages 615–626.

Christensen, U. (1984). Convection with pressure-and temperature-dependent non-newtonian rheology.

Geophysical Journal International, 77(2):343–384.

Christensen, U. R. and Aubert, J. (2006). Scaling properties of convection-driven dynamos in rotat-

ing spherical shells and application to planetary magnetic fields. Geophysical Journal International,

166(1):97–114.

75



Connolly, J. A. (2005). Computation of phase equilibria by linear programming: a tool for geodynamic

modeling and its application to subduction zone decarbonation. Earth and Planetary Science Letters,

236(1-2):524–541.

Corgne, A., Siebert, J., and Badro, J. (2009). Oxygen as a light element: A solution to single-stage core

formation. Earth and Planetary Science Letters, 288(1-2):108–114.

Cottaar, S. and Lekic, V. (2016). Morphology of seismically slow lower-mantle structures. Geophysical

Supplements to the Monthly Notices of the Royal Astronomical Society, 207(2):1122–1136.
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